
Uplift of the Altiplano‐Puna plateau: A view from the west

T. E. Jordan,1 P. L. Nester,1 N. Blanco,2 G. D. Hoke,3 F. Dávila,4 and A. J. Tomlinson2

Received 5 January 2010; revised 24 May 2010; accepted 7 June 2010; published 15 September 2010.

[1] The western flank of the Central Andean Plateau
is a crustal‐scale monoclinal fold, expressed in the
geomorphology and in the westward tilt of fore‐arc
basin strata. Data from three fore‐arc basins quantify
the magnitude and time of displacement of the plateau
system relative to the fore arc. From 18°30′S to 22°S
there is a single monocline strand. There, other authors
documented ∼2000 m (±500 m) of early and middle
Miocene structural relief growth across small‐scale
monoclines, and our data reveal 810 m (±640 m) of
∼11–5 Ma relief growth and 400 m (±170 m) relief
growth since ∼5 Ma across a long‐wavelength mono-
clinal fold limb. This structural relief growth since
∼11 Ma approximates the topographic relief growth
between the fore arc and the Altiplano plateau. From
22°S to 24°S there are two subparallel long‐wavelength
monoclines. Structural relief on the east side of the
fore arc increased by 2840 m (±2510 m) during
∼17–10 Ma and by 2320 m (±1050 m) since ∼10 Ma.
Some part of this monoclinal limb rotation led to topo-
graphic uplift of the adjacent Puna plateau. Rotation
across the western monocline could have increased
the altitude of the fore‐arc basins by <900 m since
∼6 Ma and may result from intense heating of the
eastern margin of the cold and strong Atacama litho-
sphere block. Although the wavelengths of the mono-
clines vary along strike and through time, the
monoclinal style of deformation dominated the uplift
history of the eastern fore arc of the central Andes
throughout the Neogene. Citation: Jordan, T. E., P. L.
Nester, N. Blanco, G. D. Hoke, F. Dávila, and A. J. Tomlinson
(2010), Uplift of the Altiplano‐Puna plateau: A view from the
west, Tectonics, 29, TC5007, doi:10.1029/2010TC002661.

1. Introduction
[2] The central Andes are the largest positive topographic

feature of Earth’s continents that is not associated with plate
collision [Isacks, 1988]. The primary highstanding sector
is the Central Andean Plateau, a region (350–400 km wide

by 1800 km long) that is above ∼3000 m elevation, which
encompasses theWestern Cordillera, Altiplano‐Puna plateau,
and Eastern Cordillera physiographic provinces (Figure 1)
[Allmendinger et al., 1997]. We probe the uplift history of the
Altiplano‐Puna plateau surface by examining the Neogene
history of relief development across the western flank of the
Andes.
[3] The Altiplano‐Puna province is a region characterized

by closed drainage between two marginal uplands. The
Western Cordillera, defined by the positions of strato-
volcanoes of Miocene and younger age at the western
margin of the Altiplano‐Puna province, has peaks that rise
to ∼6000 m elevation. The Eastern Cordillera, a 5000–
6000 m elevation range east of the Altiplano‐Puna highland
surface, is deeply exhumed and hosts extensive Cenozoic
fault systems [Horton, 2005; Gillis and Horton, 2006;
Hongn et al., 2007]. The broad, low‐relief Altiplano, north
of 22°S, has a mean elevation of ∼3800 m, whereas the
basin‐and‐range morphology Puna, south of 22°S, has a
mean elevation of ∼ 4400 m (Figure 1) [Whitman et al.,
1996]. The constructional volcanic peaks contribute greatly
to relief within the Western Cordillera (Figure 2), but those
peaks are perched on top of the same low‐relief landform
that stretches across the Altiplano‐Puna domain [Isacks,
1988].
[4] An important part of explaining the physical controls

on uplift of the central Andes is to document the timing
and magnitude of formation of regional topographic relief
between the plateau and the fore arc (Figures 2, 3, and 4).
Because the units that serve as kinematic marker horizons in
the fore arc and on the western margin of the Altiplano‐Puna
are ∼25 Ma and younger, we limit our analysis to relief
development during the Neogene. This paper analyzes the
history of relief development based on new data and pre-
vious studies, and relates this history to major tectonic
phenomena.
[5] Between ∼18°S and 24°S latitude, today’s topographic

highlands of the western plateau and fore arc are a product
of a suite of phenomena: (1) pre‐Neogene topographic
relief, remnant from Paleogene and older tectonic activi-
ties which erosion has not entirely erased; (2) construction
of volcanic edifices over the Earth’s surface; (3) short‐
wavelength (∼1 km limb width) monoclinal structural relief
formation across upper crustal faults and folds; (4) long‐
wavelength monoclinal (∼30–50 km limb width) relief
formation; (5) very long‐wavelength (>50 km) relief
development and tilt of the Atacama lithospheric block;
and (6) rock uplift of the entire fore arc and mechanically
connected Andes. We consider the latter four phenomena to
be direct expressions of Neogene tectonic activity. We first
document the style, magnitude and timing of Neogene relief
development, and then discuss the phenomena that underlie

1Earth and Atmospheric Sciences, Cornell University, Ithaca, New York,
USA.

2Servicio Nacional de Geología y Minería, Santiago, Chile.
3Earth Sciences, Syracuse University, Syracuse, New York, USA.
4Cátedra de Estratigrafía y Geología Histórica, Universidad Nacional de

Córdoba, Córdoba, Argentina.

Copyright 2010 by the American Geophysical Union.
0278‐7407/10/2010TC002661

TECTONICS, VOL. 29, TC5007, doi:10.1029/2010TC002661, 2010

TC5007 1 of 31

http://dx.doi.org/10.1029/2010TC002661


the fourth and fifth categories, the long‐wavelength and very
long wavelength fore‐arc tilting.
[6] Whereas volcanoes and short‐wavelength deformation

are widely recognized to control the major geomorphological
features of fore‐arc and arc regions, monoclines exceeding
tens of kilometers in width and of kilometer‐scale relief are
not associated in the literature with fore arcs [Isacks, 1988].
We demonstrate that the monoclinal kinematic style on the
western flank of the central Andes is not only spatially per-
sistent [Isacks, 1988] despite local variability, but also tem-
porally long‐lived. We speculate that this style, although
rarely preserved, may be a common upper crustal style at the
boundary between arc and fore arc.
[7] It should be noted that the western Andean slope is a

highly unusual mountain front because much of it lies in the
hyperarid Atacama (Chile) and Sechura (Peru) deserts. These
are so arid that the rate of degradation of the landscape by
surface processes is extraordinarily slow except in narrow
canyons. Between the canyons, broad regions exist with very
little local surface relief, termed “pediplains.” On these
pediplains the scale of local vertical relief generated by the
combination of erosion and deposition over a period in
excess of 10 Myr is less than ∼10 m [Nishiizumi et al., 2005;
Kober et al., 2006; Evenstar et al., 2009]. Consequently, the
landforms of the pediplains at vertical scales exceeding
∼10 m reflect the accumulation of almost pure tectonic and/
or volcanic activity. This lack of surface erosion provides
unique opportunities to document surface uplift magnitude
and upper crustal kinematic style.

2. Prior Studies of Uplift of the Central Andes
[8] Two types of studies have partially quantified surface

uplift of the central Andes. A set of proxy studies of surface
deposits within the Altiplano document paleotemperature
(fossil leaf physiognomy and D‐47 of carbonates [Charrier
et al., 1994; Gregory‐Wodzicki, 2000, 2002; Ghosh et al.,
2006; Garzione et al., 2006, 2008; Quade et al., 2007]
and/or paleo‐isotopic composition of soil water [Garzione et
al., 2006, 2008; Quade et al., 2007]. On the assumption that
modern variations of temperature and of meteoric water
isotopes with elevation held in the past, paleo‐altitudes of
the depositional surface can be deduced. These studies in
general conclude that the Altiplano was a low‐elevation
(∼1000 m) region during the Oligocene, modestly higher
(1000–2000 m) during the middle Miocene, rose during the
late Miocene to become a very high plateau (3500–4000 m),
and has changed little in altitude during the Plio‐Quaternary.
The elevation estimates from these proxies are subject to
errors related to the difference between paleoclimate at the
time the proxy was incorporated into a rock and today’s
climate [Ehlers and Poulsen, 2009]. Barnes and Ehlers
[2009] point out that an opposing interpretation, that the
pace of uplift of the Altiplano has been steady throughout
the last 25 Ma, is equally consistent with the uncertainties
on the proxy data.
[9] A second set of studies has measured the relief

development across the Western Andean Slope, between
points in the lowland fore‐arc basin west of the Andes and
the western rim of the Altiplano. These studies use the

Figure 1. Location map of the Central Andes Mountains in
western South America. The Central Andean Plateau is indi-
cated by the wide region above 3000 m elevation that is north
of ∼27°S. The border between Argentina and Bolivia approx-
imates the boundary between the Altiplano and Puna seg-
ments of the plateau. A thin white line approximates the
boundary between the northern and southern Puna. Chile’s
eastern national boundary approximates the position of the
volcanic arc and Western Cordillera. Colors distinguish the
foreland provinces. The undifferentiated Eastern Cordillera
and Interandean Zone (I/A) span the eastern part of the pla-
teau and Andean slopes descending to the east. The most
extensive young thrust belt is the classic thin‐skinned Sub-
andean thrust belt. To its south two zones with distinctive
deformation styles, the Meridional Subandean belt (SM)
and the Santa Barbara System (SB), grade to the crystalline
basement uplifts of the Sierras Pampeanas south of 27°S
latitude. T, C, and A mark the positions of the Tamarugal,
Calama, and Atacama basins, respectively. Compiled from
Allmendinger et al. [1997], Horton [2005], and Rosario et
al. [2008]. The positions of the Altiplano‐Puna Volcanic
Complex (APVC), defined by 10–1 Ma ignimbrites and
calderas [de Silva, 1989], and of a seismologically defined
zone of partial melt at 17–19 km depth in the crust [Zandt et
al., 2003] are marked.
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distribution and facies of strata in the fore‐arc basins [e.g.,
Charrier et al., 2007; Hartley and Evenstar, 2010] or use
marker horizons whose original surface continuity or incli-
nation can be estimated (e.g., surface deposits or geomor-
phic surfaces) [Wörner et al., 2002; Victor et al., 2004;
Farías et al., 2005; Kober et al., 2006; Hoke et al., 2007].
These studies, generally, are suggestive that there existed a
highland in the area of the Altiplano during the Oliogocene
[Horton et al., 2001; Charrier et al., 2007; Hartley and
Evenstar, 2010], that ∼1700 m of surface relief was gener-
ated between the western Altiplano and fore arc during the
early and middle Miocene [Farías et al., 2005], and that an
additional ∼1100 m relief was added during the late Mio-
cene‐Pliocene [Hoke et al., 2007]. Schildgen et al. [2009b]
determined a similar interval of time over which the western
margin of the Central Andean Plateau of southwestern Perú
underwent surface uplift, and they suggested that in Perú
there may have been less than 1000 m of middle Miocene
uplift and greater than 1400 m of late Miocene and Pliocene
relative uplift.
[10] Two major unknowns of surface elevations in the

system of Altiplano‐Puna plateau and Western Andean
Slope exist. First, Hoke and Garzione [2008] presented
evidence that the age of Neogene uplift of the Western
Cordillera and the central Altiplano might not be equiva-
lent, and they suggested that much of the Western Cor-

dillera uplift (early and middle Miocene) pre‐dated the
major uplift of the central Altiplano (late Miocene) [e.g.,
Charrier et al., 2007; Hartley and Evenstar, 2010]. Given
uncertainties of chronology and proxies, work remains
before one can be fully confident of, or explain, quanti-
tative differences between uplift of the western Andean
slope (our focus) and the central part of the Altiplano. We
contribute by quantifying the history of relief development
between the western Altiplano plateau surface and the fore
arc. Second, despite their similar altitudes and internal
drainage, there are numerous major differences between
the crust, lithosphere, asthenosphere, and magmatic his-
tory of the Altiplano and of the Puna [e.g., Whitman et al.,
1996; Allmendinger et al., 1997; Beck and Zandt, 2002;
Trumbull et al., 2006], which lead to the expectation that
their timing and magnitudes of uplift might differ. The
Altiplano is dominated by a broad central basin at ∼3800 m
above sea level, little Plio‐Pleistocene magmatic activity
east of its western margin, a 70–80 km thick felsic crust, and
a lithospheric mantle as thick as 125–150 km, as suggested
by high Vp and Vs and moderately high Q in the shallow
mantle [Myers et al., 1998]. In contrast, the Puna has a
basin‐and‐range landscape, mean elevation ∼4400 m above
sea level, widespread Plio‐Pleistocene volcanic activity, a
crust that varies locally from 40 to 70 km thick, and a high
degree of attenuation of seismic waves (Q) below the

Figure 2. Shaded relief digital elevation map of the study
area. Areas of long‐wavelength slope to the west are indicat-
ed by cross‐hatch where there is strong along‐strike continu-
ity of slopes of 3–5% inclination; a wide dashed gray line
marks the western side of areas with less continuity or gen-
tler slopes (see Figure 3 for source data). Note that elevation
color boundaries are not in equal steps, but rather highlight
specific parts of the landscape. Areas with more than ∼50 m
thickness of Neogene sedimentary rocks are mapped and
mark the fore‐arc basins. Profiles A and B transect the
Pampa del Tamarugal basin, C transects the Calama basin,
and D transects the Salar de Atacama basin (see Figure 6).
The Atacama block of cold, strong lithosphere is enclosed
by an oval [Schurr and Rietbrock, 2004]. The mapped faults
and folds have experienced offset younger than ∼23 Ma
(based on the authors’ observations and modified from
Blanco [2008], Blanco and Tomlinson [2006, 2009], Farías
et al. [2005], García and Hérail [2005], Jordan et al.
[2007], Muñoz [2007], Nester [2008], Pananont et al.
[2004], Pinto et al. [2004], Ramírez and Gardeweg
[1982], Tomlinson and Blanco [1997], Tomlinson et al.
[2001], and Victor et al. [2004]). West verging reverse
faults and short‐wavelength monoclinal folds capable of
building laterally extensive topographic uplifts are common
west of the Altiplano, but most faults west of the Puna are
either strike‐slip faults (no teeth) or are east vergent. The
positions of the Altiplano‐Puna Volcanic Complex (APVC)
[de Silva, 1989] and of a seismologically defined zone of
partial melt at 17–19 km depth in the crust (Altiplano Puna
magma body) [Zandt et al., 2003] are marked. Star in SE
corner of the Calama basin marks the region studied by Rech
et al. [2006].
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crust that suggests the mantle lithosphere is thin or absent
[Whitman et al., 1996; McGlashan et al., 2008]. Although
hypotheses based on the magmatic and deformation histo-
ries of the two parts of the plateau system invoke, in some
cases, different mechanisms for their uplift [Allmendinger
et al., 1997; Hindle et al., 2005; DeCelles et al., 2009],
perceptions of their uplift histories tend to converge [e.g.,
Garzione et al., 2008; Barnes and Ehlers, 2009]. This paper
demonstrates similarities in the timing of uplift but differ-
ences in the uplift styles of the southern Altiplano compared
to the northern Puna.
[11] Most studies of the Western Andean Slope have

quantified relief development across a set of short‐wavelength
monoclinal folds (Figure 2), whose principal time of activity

was the early and middle Miocene [Muñoz and Charrier,
1996; Victor et al., 2004; Pinto et al., 2004; García and
Hérail, 2005; Farías et al., 2005; Muñoz, 2007]. Likewise,
regional relief formation by a long‐wavelength monoclinal
uplift was also recognized [Isacks, 1988;Wörner et al., 2002;
Farías et al., 2005; Schildgen et al., 2007, 2009a, 2009b], but
its age and magnitude have been most directly quantified by
Hoke et al. [2007], who used stream profiles to estimate that
∼1100 m of surface relief developed since 10 Ma. Recently,
Evenstar et al. [2009] pointed out that a regional geomorphic
surface that is key to the chronological constraints used by
Hoke et al. [2007] is not entirely of a single age. Conse-
quently, Evenstar et al. [2009] warn that the Hoke et al.
[2007] uplift history ought to be scrutinized again. The data

Figure 3. (a) Topographic slope map (slope of 3 × 3 pixel moving window, for pixels of 21 × 21 km
whose mean elevations are derived from SRTM data) [Hoke, 2006]. (b, c, and d) The 40‐km‐wide swath
topographic profiles [Hoke, 2006] for swaths shown in Figure 3a, corresponding to Pampa del Tamarugal
(PdT) and western slope of the Altiplano (Figure 3b), profile across the Atacama‐Calama block, Salar de
Atacama basin (SdA), and western slope of the northern Puna (Figure 3c), and the fore arc where there is
no major sedimentary basin and the western slope of the southern Puna (Figure 3d). (e) Superimposed on
the swath in Figure 3c, a blue line marks a profile along the top of the Pliocene Opache Limestone
through the Calama basin (line “E” on Figure 3a).

JORDAN ET AL.: WEST FLANK CENTRAL ANDES TC5007TC5007

4 of 31



presented here, based on a completely independent approach,
show an uplift history that is coherent with the Hoke et al.
[2007] results, with improved age resolution.

3. Morphology and Structure of the Western
Andean Slope
[12] The Western Andean Slope is the region that has

undergone the topographic change that created the western
margin of the Andes. We define the mountain front(s) in the
region between the Western Cordillera and the Pacific Ocean
(for our northern study area) or the Central Depression (for
the Salar de Atacama basin) as being regions with average
west facing slope in excess of 1.5°. We generated the slope of
average topography (Figure 3a) from the SRTM 90 m data
using a 21 km × 21 km moving window average, a window
that exceeds the size of the high‐frequency topographic ele-
ments yet is smaller than the large‐scale tectonic landform
that we wish to isolate [Hoke, 2006]. North of 22°S, these
slopes reveal a very simple structure to the Andean mountain
front (Figures 3a and 3b), with a single relatively narrow belt
in which slopes are inclined 3–5° to the west, which connects
the fore‐arc basins of northern Chile and southern Peru to the
Altiplano plateau. We call this simple plane, inclined 3–5°,
the Western Andean Slope [Isacks, 1988; Hoke, 2006; Hoke
et al., 2007]. South of 24°30′S there is also a single strand to
the Western Andean Slope, albeit with a form that is more
complex than it is north of 22°S. Between 22°S and 24°30′S
the slope map pattern is more complex, with two north
trending zones in which the west facing slope (21 × 21 km
average) exceeds 1.5° (Figures 3a and 3c). Here there is an
eastern narrow, steep plane (3–5° slope) which is the ultimate
topographic step to the Puna plateau and which we identify
as the principal Western Andean Slope. But there is also a
diffuse, complex mountain front farther west in the fore arc,
defined by slopes of ∼1.5°–3°, which seems to be a western
branch of the Western Andean Slope.
[13] Adjacent to the Altiplano, the nonmarine fore arc is

narrow; the distance from Pacific Ocean shoreline to the
western rim of the Altiplano is ∼110 km (Figures 2 and 3).
The single‐strand Western Andean Slope is ∼50 km wide

and 3000 m in relief, from the lowlands of the Central
Depression at ∼800–1000 m above sea level on its western
side to the Altiplano plateau on its eastern side. Here the
Central Depression and lower Western Andean Slope
host the Pampa del Tamarugal fore‐arc sedimentary basin.
Adjacent to the northern Puna plateau (22–25°S), the fore
arc is much wider, ∼200–250 km, quite irregular, with a
western Central Depression that does not presently collect
a significant volume of sediments and thus is not today a
fore‐arc basin. Here, the Calama and Salar de Atacama
basins, the northern two of a set of basins termed the Pre‐
Andean basins, occur in the eastern fore arc and stand
above 2300 m altitude. The east branch of the Western
Andean Slope is the eastern topographic feature in the fore
arc. It is ∼25 km wide by 2000 m high, and uncommonly
steep (5°) (Figures 3a, 3c, and 4) [Hoke, 2006]. Seismo-
logical data have shown that the crust and upper mantle
beneath the Salar de Atacama and Calama Pre‐Andean
basins are uncommonly cold and strong, producing what
Schurr and Rietbrock [2004] referred to as the Atacama
block (Figure 2).
[14] Although not recognized in most mountain belts as

a structural style related to important relief development,
monoclinal folds [e.g., Davis and Reynolds, 1994] with west
facing limbs are the most common Neogene structural style
of theWestern Andean Slope. Prior studies demonstrated that
both west vergent short‐wavelength [Muñoz and Charrier,
1996; Victor et al., 2004; Pinto et al., 2004; García and
Hérail, 2005; Farías et al., 2005; Muñoz, 2007] and long‐
wavelength monoclines [Isacks, 1988; Farías et al., 2005;
Hoke et al., 2007; Schildgen et al., 2007, 2009b] contributed
to development of topographic relief across the Western
Andean Slope. Although the magnitude and history of ver-
tical displacement across short‐wavelength monoclines have
been demonstrated largely north of 20°S, Victor et al. [2004]
and our new field and seismic mapping demonstrate that
similar features persist to 21°30′S (Figure 2). The long‐
wavelengthmonoclinal shaping of theWestern Andean Slope
has been pronounced since ∼10 Ma (Figure 5) [Farías et al.,
2005; Hoke et al., 2007; Schildgen et al., 2007, 2009a].

Figure 4. Perspective cartoon showing distribution of landscape zones with long wavelength slope
across which the Andes Mountains reaching their topographic differentiation from the fore‐arc lowlands.
The positions of the sedimentary basins described in this paper are shown schematically (PdT, Pampa del
Tamarugal; C, Calama; SdA, Salar de Atacama; pAb, pre‐Andean basins in general). The shade of gray
shows the relative steepness of the long‐wavelength west facing slope, from light gray (inclined ∼1–2°) to
darker gray (inclined 3–4°). Superimposed on both the long wavelength sloping planes and on the sub‐
horizontal (white) platforms is a complex, subdued, landscape of the Mesozoic through Eocene mountain
ranges (not shown).
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[15] We estimate the rise of the southern Altiplano,
northern Puna, and adjacent Western Andean Slope (Figure 4)
through time using the strata that fill the lowland fore‐arc
basins (Figure 2). To accomplish this we measure at multiple
time steps the magnitude of newly created structural relief
from a position within the basin to a position part way to the
crestline of its catchment area on the Western Andean Slope
for stratigraphic surfaces of known age in three basins, the
Pampa del Tamarugal, Salar de Atacama, and Calama basins
(Figures 2 and 4). While our data only directly measure the
monocline evolution for the lower part of theWesternAndean
Slope (the range of elevations covered by fore‐arc basin

strata), the simplicity of the monoclinal landform allows us
to extrapolate the result to the rim of the plateau at higher
elevation.

4. Conceptual Framework
[16] As pointed out by England and Molnar [1990], it is

important to distinguish between surface uplift, rock uplift,
and exhumation, where surface uplift equals rock uplift
minus exhumation–our objective is to measure surface
uplift. Because erosion is extraordinarily slow in the hyper-
arid Atacama Desert, with values less than 1 m/Myr having
been measured by a variety of techniques [Kober et al., 2007;
Dunai et al., 2005; Ewing et al., 2006; Hoke, 2006; Carrizo
et al., 2008; Evenstar et al., 2009], exhumation has been
negligible during the late Miocene to Holocene, except in
the canyons of southern Peru and northernmost Chile [Hoke
et al., 2004; García and Hérail, 2005; Schlunegger et al.,
2006; Thouret et al., 2007; Schildgen et al., 2007, 2009a;
Kober et al., 2007]. Consequently, for the area between 20°S
and 24°S that lacks deep canyons, rock uplift effectively
equals surface uplift.
[17] To study uplift or subsidence, a frame of reference

must be specified in which to measure displacement relative
to an equipotential surface of gravity, such as the geoid.
The geoid is approximated by mean sea level and so to
measure uplift and subsidence, paleoaltitude information
is needed, such as that obtained in proxy studies [Charrier
et al., 1994; Gregory‐Wodzicki, 2000, 2002; Ghosh et al.,
2006; Garzione et al., 2006, 2008]. In studies measuring
relief generation, such as the current study, the measure-
ments determined can only be converted to absolute uplift
and subsidence values if the elevation history of some ref-
erence level within the system is known. Because the strata
studied lack a direct association with a paleo‐elevation
datum, our direct results are a history of relief development.
[18] From the perspective of a sedimentary basin, the re-

lief generation that we wish to measure is the increase of
topographic relief through time of the basin’s catchment
area, a sum of uplift in the headwaters and subsidence in the
basin. Specific to this study, the structural relief is the sum of
absolute subsidence, if any, of the fore‐arc basin and absolute
uplift of the Altiplano‐Puna plateau. The topographic relief
may be less than the structural relief because the lowland
areas fill with sediments. Since we wish to examine the uplift
history of the Altiplano‐Puna plateau surface independently
of paleoaltitude estimates from proxy data, we must estimate
the contribution of tectonic, isostatic, and compaction sub-
sidence in the basin end of the areas studied if we are to
extract from the structural relief data the surface uplift of
the plateau flank. Fore‐arc sedimentary basins have no
standard for tectonic subsidence: some subside by thousands
of meters, others do not subside at all [Dickinson, 1995].
The northern Chilean fore arc is constructed on continental
lithosphere, which tends to minimize fore‐arc tectonic sub-
sidence [Dickinson, 1995], although large magnitude tectonic
subsidence occurs in the marine fore arc farther west [von
Huene and Scholl, 1991; von Huene et al., 1999; von Huene
and Ranero, 2003; Sick et al., 2006].

Figure 5. (a) Geometric components of a schematic mono-
cline fold [after Patton, 2004]. The dark gray unit indicates
pre‐growth strata, whereas light gray are strata that accu-
mulate contemporaneous with growth of structural relief.
Topographic relief in the top cross section is the consequence
of events that pre‐date the monocline. (b) Progressive steps in
deposition and tectonic rotation of the long‐wavelength
monocline at the eastern margin of the Pampa del Tamarugal
basin, based on data in Tables 1a–1c. The dark gray polygons
(AdP) accumulated during the early and middle Miocene,
contemporaneous with structural relief growth across small‐
scale folds but pre‐growth relative to growth of relief across
the large‐scale (∼30 km limb width) monocline. The light
gray form represents the Arcas unit.
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[19] In any nonmarine sedimentary basin there are two
alternatives that may explain the potential to accumulate
sediments: tectonic subsidence, or inherited closed topo-
graphic lows that were generated during earlier tectonic
episodes. Tectonic subsidence is commonly associated with
large‐offset faults, which drive contraction or extension that
in turn controls the topographic loading and the accommo-
dation geometry at a large scale [e.g., Jordan, 1981]. Syn‐
orogenic strata and syn‐depositional structures are common
features in tectonically subsiding basins [e.g., Riba, 1976;
DeCelles et al., 1991]. In contrast, sub‐horizontal strata
across the width of a basin with only modest thickness of
strata, laterally abrupt stratal termination by onlap onto an
older basement, a lack of faulted margins, and a lack of
large‐offset faults within the basin are good indications that
there was little or no tectonic subsidence and that sediment
ponded in a topographically closed valley. Whether the
space in which to accumulate sediment is provided by tec-
tonic subsidence or by inheritance of a topographic low, the
magnitude of that underlying control is amplified by iso-
static subsidence and compaction subsidence.
[20] At a regional scale (Figure 2), the northern Chilean

fore‐arc records several hundred meters of Oligocene and
younger sediment [Nester, 2008; Charrier et al., 2007;
Nester and Jordan, 2010] which, by the standards of sedi-
mentary basins, is a small accumulation [Busby and
Ingersoll, 1995]. The Pampa del Tamarugal basin, for
example, is broad and thin and reflects little or no tectonic
subsidence. In contrast, the Salar de Atacama basin [Muñoz
et al., 2002; Arriagada et al., 2006; Jordan et al., 2007] has
thousands of meters thickness of Neogene strata, locally
showing rotational syntectonic features. Such thick accu-
mulations require an explanation of the accommodation
space.
[21] In the following we refer to structural relief when

presenting our measurements based on the long‐wavelength
kinematic displacement of stratigraphic surfaces. At the end
of the paper we examine the evidence for subsidence in the
fore‐arc basins and what this signifies for surface uplift
estimates of the plateau derived from our structural relief
data.

5. Methods to Quantify Monoclinal Structural
Relief Formation in the Fore‐Arc Basins
[22] We pick stratigraphic markers that occur along the

eastern flank of the fore‐arc basin and whose depositional
age and environment have been studied in surface expo-
sures. Selected marker horizons were projected, or in some
cases traced, into the subsurface, where they can be traced for
many kilometers using the seismic data. Following structural
criteria and by inspection of depth sections (Figure 6), we
also defined the location within the basin of the western limit
of the long‐wavelength rotation (lower hinge, Figure 5). A
key criteria for selecting profiles across the basins and
western slope is that, at the eastern extremes of the basin,
local‐scale blind or emergent faults do not separate the low-
land strata from the Western Andean slope.

5.1. Data

[23] On a grid of 2D seismic reflection data we map the
spatial extent of the dated horizons. Where exposures permit,
we either compile existing geologic maps, or we map on the
ground and using remote sensing the spatial extent of Neo-
gene units, especially those that prove to be resolvable in the
seismic data. The suitable seismic profiles are converted
to depth using seismic velocity information available from
scarce boreholes and extensive stacking velocities. Geologic
cross sections (e.g., Figure 6) are created from these depth
data and surface exposures of the same units.

5.2. Estimation of Rotation and Uplift

[24] The differences between the inclinations of the
modern topographic slope and the inclinations of successive
paleoslopes are calculated. After certain corrections (described
below), the angular differences between the successive
inclinations (Figure 5, b − a) represent the amount of long‐
wavelength rotation that occurred during the times spanned
between those successive surfaces. By linear extrapolationwe
extend the rotation thus estimated for the Western Andean
Slope to the position of the upper hinge of the monocline to
calculate by simple geometry (Figure 5, b − a and l fully
describe a triangle) the structural relief that was generated
by that rotation. This estimate of structural relief growth is
inclusive of all deformation mechanisms that might in con-
cert produce the crustal deformation that underpins the long‐
wavelength monocline.
[25] Corrections take into account the primary deposi-

tional inclinations of all surfaces, and under certain circum-
stances corrections are needed for rotation due to compaction
(Supplementary Data). The primary depositional inclina-
tion is estimated from the depositional facies of the strata
whose ages are known, by analogy to modern depositional
systems with similar deposits in the same modern basin.
For groundwater fed evaporites or lacustrine deposits, the
modern environments have a horizontal starting condition.
For alluvial deposits, the depositional slope is controlled by
sediment textures and hydrology [e.g., Paola and Mohrig,
1996], which are driven by catchment basin bedrock char-
acteristics and by climate. For cases in which the modern
day alluvial fans emanate from the same catchments as did
the Miocene and Pliocene alluvial fans, we here assume that
surface inclinations of active alluvial fans approximate the
depositional inclinations of the alluvial strata, recognizing
that paleoclimate variability and catchment evolution in-
troduce uncertainties. For alluvial deposits, we determined
the surface slope of the modern alluvial fan apices, located
by visual inspection of Landsat TM images; slopes were
quantified with DEMs (90 m shuttle radar topography
mission [SRTM] data) of the ephemeral stream channels on
the fans. Only stream channels that lack obvious recent fault
or fold perturbations near their transition from erosional
to aggradational at the canyon mouths were considered.
Longitudinal channel profiles were created using the 90 m
SRTM data, with a vertical resolution of a few meters, and
depositional slopes were determined for positions bounded
to the east by the point of unconfined flow, and to the west
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by the location 3 km downslope from the point of uncon-
fined flow. This starting condition is considered to be the
greatest depositional slope for the alluvial fan system and
thus would lead to minimization of the perceived post‐
depositional rotation.
[26] If the thickness or dominant lithology of strata

underlying a horizon of interest or the thickness of strata
burying a horizon of interest changes along our profile of
interest, differential compaction of strata beneath the hori-
zon of interest may lead to gentle tilting. We estimate the
progressive compaction of multiple points along the profiles
of interest using sparse data, numerical approaches devel-
oped in other sedimentary basins [Sclater and Christie,
1980], and the software developed by N. Cardozo (OSX-
Backstrip. http://homepage.mac.com/nfcd/work/programs.html).
We employed a range of possible parameter values to test
the uncertainty in the compaction, calculated the corresponding
compaction‐tilting, and removed the compaction‐tilting from
the observed inclination (detailed in the auxiliary material).1

5.3. Positions of Monoclinal Hinges

[27] The western limit of the long‐wavelength rotation is
located by visual inspection of seismic reflections on the
available seismic lines. The hinge is identified as the posi-
tion of the break‐in‐slope from an eastern zone with a
comparatively large magnitude westward inclination to a
western zone of more nearly horizontal layers. We define
the eastern limit of the long‐wavelength monoclinal rotation
as the set of points where swath topographic profiles indi-
cate topographic rollover, from a western zone with a low‐
relief landscape surface that averages ∼4.0° west dip, to an
eastern sub‐horizontal and more irregular surface. The west‐
to‐east swath profiles are constructed from the 90 m SRTM
digital topography. The position of the rollover between the
plateau and the Western Andean Slope was identified on
each swath and transferred to a base map (e.g., Figure 7).

5.4. Uncertainties

[28] The sources of uncertainty on quantification of
relief formation from long‐wavelength rotated strata include
(1) Consistency in the identification in the field and in
seismic profiles of the stratigraphic markers. (2) Conversion
of seismic reflections measured in two‐way travel time
(TWT) to depth using sparse seismic velocity data. (3) Non‐
uniqueness of the model of compaction of underlying units.
(4) Structural interpretation, which requires that we correctly
identify parts of seismic lines that display long‐wavelength
monoclinal tilt rather than rotation across local‐scale faults
or folds. (5) Uncertainties of primary depositional slopes.
Uncertainties are quantified from the variability of data
among multiple cross sections considered, estimated from
models in the case of compaction and conversion of seismic
time sections to depth sections, and reported but not quan-
tified from other sources, such as inadequacies in data,
observations, and theory. We make two assumptions about
the errors in measurements of a variety of parameters, that

they are independent and that the error on each type of
measurement is governed by a normal distribution. In the
case of derivative quantities calculated by summing or
subtracting constituent values, we report the uncertainty on
the derivative quantity to be the square root of the sum of
the squares of the standard deviations of the constituent
values. In the case of derivative quantities calculated by
multiplication or performing trigonometry, we propagate the
fractional uncertainties [Taylor, 1997].
[29] Where our new mapping is incorporated (i.e., Pampa

del Tamarugal basin, Calama basin), the uncertainty on the
inclinations of the paleosurfaces in outcrop results from the
uncertainties on our recognition of the chronostratigraphic
units, and error in the topographic data. The mapping is
based on months of field observations by senior field
geologists and by a suite of ash ages [Blanco; 2008; Nester,
2008] (Table S1 in the auxiliary material), but the uncer-
tainty of our stratigraphic mapping is unknowable. Analyses
of error on the Shuttle Radar Mission Topography (SRTM)
1‐arc‐second data by Castel and Oettli [2008] and Falorni
et al. [2005] reveal vertical errors of <20 m.
[30] The conversion of seismic travel time to depth to any

given reflector within the Neogene deposits is uncertain
because there are insufficient sonic velocity logs available
for the lithofacies in the eastern part of any of the basins.
The alternative, to estimate sonic velocities from stacking
velocities, is at best approximate. Errors introduced by these
methods are systematic rather than random.
[31] Because the position of the upper rollover of the

monocline is chosen based on topographic form even
though it occurs at high elevations where the climate is
comparatively wet (arid to semi‐arid) and thus suited to
denudation of the monoclinal surface, there is the possi-
bility that we underestimate the width of the monocline.
This potential under‐estimation of l means that our result
for the relief growth of the western margin of the Central
Andean Plateau is more likely to be an under‐estimate than
an over‐estimate.
[32] Chronological information specific to a given sample

is reported with 2‐sigma laboratory errors when the primary
information source specified the nature of the uncertainty
(details in Table S1).

6. Description and Analysis of the Pampa del
Tamarugal basin (19°–22°S)
6.1. Landforms and Surface Processes

[33] The Pampa del Tamarugal (PdT) in northern Chile is
a narrow (∼50 km), elongate (∼400 km), north trending
fore‐arc sedimentary basin whose axis is ∼1000 m above sea
level. The basin lies east of, and onlaps, a narrow Coastal
Cordillera, which attains elevations of between ∼1000 and
2000 m at the latitudes of interest to this study. To the
basin’s east the Western Andean Slope rises steadily, with
long‐wavelength surface inclinations that progressively
change from a 2° to 3° west dip at the toe of the slope to an
upper sector that averages 4–5° (Figure 3) [Hoke, 2006].
The altitude of the eastern hinge of the Western Andean
Slope is ∼4000 m (Figures 2 and 3). Narrow but deep west

1Auxiliary materials are available in the HTML. doi:10.1029/
2010TC002661.
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trending canyons, typically spaced 10–20 km apart, are the
most significant short‐wavelength relief. Between the can-
yons exist broad, low‐relief, surfaces that at a long wave-
length dip gently to the west (<2°), the pediplains (Figure 3).
The results are that the most extensive landform seen on an
east‐west cross section is a gently concave pediplain. North
of ∼19°45′S, the principal canyons are very deeply incised
(2–5 km wide, ≤1000 m deep) and drain to the Pacific

Ocean. Farther south, in contrast, canyons are only incised
within the Western Andean Slope and the proximal sector of
the basin (1–2 km wide, 10s to 100s of m deep), adjusted
to a local base level set by the surface of the Pampa del
Tamarugal basin.
[34] The rocks on which the inter‐canyon pediplain is

constructed differ from the western, lower elevations to
the eastern, higher elevations (Figures 6a, 6b, and 7). This

Figure 7. (a) Simplified geologic map of the southern Pampa del Tamarugal with topographic contours
(CI = 500 m). Orange lines mark the positions of seismic reflection profiles reported here; the thick blue
lines span a pair of parallel topographic transects along which geologic cross sections were constructed to
the east of the seismic data (Figure 8). The dashed red line represents the approximate downdip hinge of
the monoclinal fold, identified along individual profiles at a cross within a circle. The two trapezoids mark
20‐km‐wide swaths in which topographic profiles define the roll‐over at the updip hinge of the mono-
clinal fold [Nester, 2008]. (b) Landsat TM image of the study area, illustrating the locations of modern
channels used in the study. Red lines indicate the locations of channel profiles detailed in Figure 8, and the
yellow tick marks along their courses indicate the point at which the channels transition from confined
(upstream, east) to unconfined (downstream, west). Crosses represent locations of monoclinal fold axes
based on seismic profiles (lines 99‐06, 99‐07, 99‐09, and 99‐10), the eastern limit of horizontal strata (line
99‐11), and the lack of rotation of the Arcas Fan, and from these the dashed red line is drawn as a gen-
eralization of the western hinge position. Orange lines as in Figure 7a. Blue lines mark the general position
of the geologic profiles east of the seismic lines. The location of the fossil, latest Miocene Arcas Fan in the
southern part of the basin is noted [Kiefer et al., 1997].

JORDAN ET AL.: WEST FLANK CENTRAL ANDES TC5007TC5007

10 of 31



lithologic boundary generally occurs in the range of 2500 to
3000 m altitude. At higher elevations, deeply eroded Paleo-
zoic and Mesozoic rocks and laterally extensive Oligocene‐
Miocene volcanic rocks underlie the pediplain and western
Andean slope. At lower elevations, the pediplain and lower
part of the western Andean slope are underlain by Oligocene‐
Miocene fore‐arc basin strata, the focus of this paper. North of
∼19°45′S where canyons drain to the Pacific Ocean, the fore‐
arc basin does not currently trap sediment. At latitudes south
of 19°45′S at elevations below ∼1200 m, the basin still
accumulates both siliciclastic and evaporite deposits when the
climate conditions result in transport of weathering products
to the basin (Figure 7). North of ∼20°S the basin fill is highly
continuous with very few faults or folds except at its western
boundary with the Coastal Cordillera (Figure 6a), whereas the
southern part of the basin is widely disrupted by meter‐ to
hundred‐meter‐scale reverse and normal faults [Nester, 2008]
(Figure 6b).
[35] In the fore‐arc basin, nearly all of the siliciclastic

sediments accumulated in broad alluvial fans whose apices
are near the eastern margin of the PdT basin and whose
distal toes nearly reach the Coastal Cordillera (Figure 7). At
the western edge of the PdT a discontinuous chain of salt pans
(salars) form in lows, which under wetter climates would
result in a series of lakes. Between 20°S and 22°S, the focus
of this study, modern siliciclastic detritus is transported into
the basin infrequently as sheet floods, mudflows and debris
flows [Houston, 2002; Kiefer et al., 1997], and often retran-
sported by wind. Throughout the Pampa del Tamarugal and
Coastal Cordillera of northernmost Chile the climate is
hyperarid, whereas at elevations above 3500 m the highlands
of the Western Andean Slope and Altiplano are arid to
semiarid. The landform consequences are that small masses
of siliciclastic debris, chemical solutes, and water are deliv-
ered to the lowland basin, but the erosion of the pediplain
landscape is so slow that over millions of years there has been
only several meters of degradation [e.g., Kober et al., 2007].
On centennial to millennial scales, intervals of increased
precipitation in the highlands resulted in increased activity
of streams in the canyons that deliver sediment to the basin,
and resulted in slight channel erosion on the pediplains
[Nester et al., 2007; Evenstar et al., 2009].

6.2. Stratigraphy

[36] Prior studies [e.g., Pinto et al., 2004; Farías et al.,
2005; Hoke et al., 2007; Nester, 2008] reveal that the Oli-
gocene and Neogene stratigraphy of the PdT is dominated
by nonmarine siliciclastic deposits accumulated in alluvial,
lacustrine and eolian environments, evaporites formed in
salt pan environments, and ignimbrites produced by pyro-
clastic flows. As well documented in the literature, the
Oligocene and Miocene strata north of ∼19°30′S constitute a
succession of formations (base to top, Azapa, Oxaya, and El
Diablo) [e.g., Pinto et al., 2004; Farías et al., 2005]. In
eastern parts of the northern basin, the top of the El Diablo
Formation is no younger than ∼9 Ma [Pinto et al., 2004] and
an unconformity tops the El Diablo Formation, across which
there is a time gap of ∼9 Myr. The duration of this hiatus
diminishes toward the west [von Rotz et al., 2005]. The

Altos de Pica Formation (AdP) south of 19°30′S formed
during much of the early and middle Miocene. In eastern
parts of the southern basin, the AdP’s top is ∼11 Ma to
∼12 Ma (Table S1). In eastern sectors of the basin, an un-
conformity tops the AdP and El Diablo Formations, across
which there is a time gap of ∼5 Myr (in much of the
southern region) to ∼9 Myr (in the north). The duration of
this hiatus diminishes toward the west.
[37] We focus in the southern part of the basin, 20°–22°S,

where the Oligocene and Neogene strata of the eastern part
of the basin consist, from base to top, of the Altos de Pica
Formation (AdP) and a series of upper Miocene to Pliocene
strata that lack formal stratigraphic names (Figure 7). The
AdP has been subdivided into members 1–5 based on litho-
logic variations observed in outcrop at ∼20°30′S [Dingman
and Galli‐Olivier, 1965]. Sandstones of eolian and fluvial
origin are common in the northern part of the study area, with
less abundant fluvial conglomerate interbeds, whereas debris
flow and fluvial conglomerates dominate in the southern part
of the study area. Based on the coarse alluvial facies of the
AdP at the eastern margin of the basin, the eastern limit of
preserved strata may approximate the location of theMiocene
depositional pinch out. This eastern limit occurs at elevations
ranging from as high as 3600 m in the north, to only ∼2200 m
in the far south (Figure 7). Ages of all members of the Altos
de Pica Formation are constrained by dates on intercalated
ashes, ignimbrites, and conglomerate clasts of volcanic origin
(Table S1). The youngest dated horizons near the top of the
unit are of late middleMiocene age, yet the youngest horizons
might be as young as the very earliest late Miocene, ∼11 Ma
(Text S1, section S1.1).
[38] Along much of the eastern fringe of the basin, the

AdP was followed by a long hiatus (Figure 7). Over wide
sectors of the basin, the AdP is unconformably overlain by
poorly consolidated upperMiocene eolian and alluvial deposits
(see Text S1, section S1.1). Upper Miocene‐Pliocene alluvial
deposits are typified by the relict Arcas mega‐fan in the
south (Figure 7) [Kiefer et al., 1997], which include a latest
Miocene ignimbrite interbed [Hoke et al., 2007] (Table S1).
An onlap relation between the westward dipping top of AdP
and theArcas unit is exposed in the upland part of theWestern
Andean Slope where the Arcas fills broad canyons that were
incised into the upper member of the AdP, as well as in the
lowland subsurface where seismic data reveal onlap geome-
tries [Nester, 2008]. However, the Arcas unit was short‐lived,
estimated by Kiefer et al. [1997] to encompass less than a
million years. Over broad regions south of 21°15′S (Figure 7),
above the Arcas unit the regional expression of the last 5 Myr
is a hiatus. North of that latitude, Pliocene and Quaternary
alluvial fan landforms are widespread west of the monocline.
[39] In the western part of the basin, deposition was more

continuous during the late Miocene and Pliocene than in
the eastern basin. North of 20°S, upper Miocene alluvial
siliciclastic and lacustrine diatomite units are considered to
be a western facies of the El Diablo Formation [von Rotz
et al., 2005], which suggests a westward offlap of deposi-
tion. These are capped by undated salt pan evaporites. Can-
yon incision had begun by 6.4 Ma [Kober et al., 2006;Hoke
et al., 2007] but did not approach the extreme magnitude
seen today until younger than 5.5 ± 0.6 Ma [Naranjo and
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Paskoff, 1985] or younger than 3.49 ± 0.04Ma [Allmendinger
et al., 2005]. In the south, the western toes of the Arcas
alluvial fans are overlain by lacustrine upperMiocene‐Pliocene
limestone, diatomite, and evaporite [Sáez et al., 1999].
[40] For this study, the most important attribute of the

Miocene and Pliocene depositional environments is the
primary depositional slope, which set the original geom-
etry of the strata, and the most direct means to estimate the
primary depositional slope is by comparison to modern
landforms. Because the depositional slope is controlled by
sediment textures and hydrology [e.g., Paola and Mohrig,
1996], we need to consider whether the catchment geology
and the paleoclimate during the middle Miocene through
Pliocene were like those that control the modern alluvial
fans. The catchment geology of the southern Pampa del
Tamarugal has changed little since deposition of the
youngest member of the AdP because the catchments do
not reach into the volcanic arc. For example, in one of the
largest catchments (>700 km2) of the study area, Kiefer et
al. [1997] demonstrate down‐cutting of ∼160 m averaged
across the catchment of the Arcas Fan since about 7 Ma, a
small magnitude that would not have markedly altered the
bedrock geology of the catchment. Since late in the middle
Miocene the mean climate condition in the study area has
been hyperarid, as it is today [Rech et al., 2009], though
times of slightly enhanced precipitation were most likely
associated with the times of greatest erosion and deposition
[e.g., Nester et al., 2007] and thus with the paleohydrology
of the times of alluvial accumulation. The only direct proxy
available for the paleo‐hydrology is the sedimentary fabric.
In the southern PdT, our focus area, the depositional texture
and fabric of modern alluvial deposits are similar to those of
the upper member of the AdP and to some parts of the Arcas
unit. The strata of AdPmember 5 are an intercalated mixture
of poorly sorted, tabular, matrix‐supported gravels, and
poorly sorted, tabular, gravelly muds. The Arcas unit pos-
sesses intervals of fabrics like those in AdP member 5, as
well as intervals of moderately sorted, clast‐supported
gravels with local horizons that are weakly imbricated and
moderately well sorted. Surficial deposits comprised of
debris flows and mudflow sheets with fabrics like those in
AdP member 5 extend many kilometers across the Pampa,
generated during infrequent sheet floods and sediment‐
gravity flows [Houston, 2002]. In sum, we interpret that
catchments, paleoclimate and environments during these
three time intervals were similar and that their primary
depositional slopes were similar.

6.3. Data

[41] The subsurface stratigraphy and structure of the
Pampa del Tamarugal valley was mapped using 14 reflec-
tion seismic lines, logs and cuttings from 4 hydrocarbon
exploration boreholes, and sedimentological and chrono-
logical data from surface exposures (Figure 7) [Nester,
2008]. Since only 2 wells directly tie to seismic data, we
relied extensively on surface geology along the traces of the
seismic lines to tie surface stratigraphy to seismic stratig-
raphy, especially the locations where reflectors intersect

with the land surface. Four of the east‐west oriented seismic
lines, reported here, between 20°50′S and 21°20′S (99‐06,
99‐07, 99‐09 and 99‐10) image the transition from the
valley to the Western Andean Slope where there are no local
faults that cut the AdP or Arcas units. The modern dips
of top horizons of the AdP member 5 and of the upper
Miocene‐earliest Pliocene strata were calculated from depth‐
converted cross sections based on the seismic reflection
profiles and from surface exposures of strata (Tables 1a–1c
and Figures 7 and 8).
[42] Cenozoic units were mapped in the field and on a

Google Earth image base, and the positions of unit contacts
were transferred to depth sections (Figures 7 and 8). Depth
profiles of the top of AdP based on the seismic data were
connected to profiles of the altitudes of the tops of the AdP
and of the Arcas unit in outcrop, and continued to their
updip limits (Figure 8).
[43] For the upper portion of the Western Andean Slope,

east of the updip exposure limit of the AdP and Arcas units,
the area north of 21°30′S is largely free of local‐scale faults
and folds with activity younger than 10 Ma (Figure 2)
[Victor et al., 2004; Tomlinson et al., 2001]. The adjacent
plateau margin contains numerous normal, strike‐slip and
reverse faults younger than 10 Ma, but displacements typi-
cally are no more than 10`s of meters [Tomlinson et al.,
2001; Victor et al., 2004]. Between 21°30′S and 22°S a
steeply west dipping, east vergent reverse fault, the Arcas
Fault, lies immediately east of the Western Andean Slope
(Figure 2) [Tomlinson et al., 2001; Blanco and Tomlinson,
2006]. It may have contributed to some long‐wavelength
westward tilting along the Western Andean Slope, via back‐
tilting in its hanging wall block, but offsets of the Altos de
Pica Formation along the fault are only on the order of 50–
200 m, and the fault displacement diminishes to the north,
being negligible at the latitude of the seismic‐geologic
profiles used here.
[44] A geometrical starting condition for the depositional

surfaces is estimated through analogy to the depositional
angles of the proximal sectors of modern and currently
aggrading alluvial fan surfaces in the same area. For stream
channels that meet the criteria that they lack evidence on
Landsat TM images, a Digital Elevation Model (DEM), and
seismic profiles of recent fault or fold perturbations near
their transition from erosional to aggradational behavior
(e.g., Cahuita‐Chipana, Guatacondo, Maní, Sipuca, de Sama
and Tambillo drainages), longitudinal channel profiles were
extracted from the DEM over distances of ∼25–30 km (paths
of profiles shown on Figure 7, and the profiles on Figure 9).
We focus on the average inclination of the most proximal
3‐km‐wide reach of the aggradational zone, bounded on the
east by the position of transition from confined to uncon-
fined flow (Figure 9 and Tables 1a–1c).
[45] The location of the western limit of slope rotation was

mapped for seismic lines 99–06, 99–07, 99–09, 99–10
where inclination of the top of the AdP decreases westward
(Figure 8). The ability to distinguish between instantaneous
limb rotation and progressive limb rotation would be ideal
[Suppe et al., 1992], however the seismic data do not resolve
the internal geometry of the Arcas unit. Just as revealing are
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topographic profiles with no evidence for post‐late Miocene
rotation, such as across the late Miocene–early Pliocene
Arcas Fan (at the latitude of 21°42′S) where, west of the
fossil fan apex, there was no tectonic rotation younger than
∼5 Ma [Nester, 2008]. By inference, the western limit of
surface rotation lies east of the apex of the Arcas Fan.
Horizontal reflections in another seismic line, 99–11, con-
strain any rotation younger than ∼15 Ma to a position east of
69°10′W. The eastern hinge of the monocline was located
on two west‐to‐east swath topographic profiles (Figure 7)
[Nester, 2008] and transferred to a base map.
[46] Although differential compaction would have caused

rotation to the west of the AdP under the weight of the
Arcas unit, the small thickness of the Arcas unit (≤320 m
in the area where the seismic data record the long wave-
length rotation) minimizes the compaction rotation (Text S1,
section S1.2).

6.4. Pampa del Tamarugal Results

[47] Depositional angles for proximal modern unconfined
alluvial sediments along six channels were documented
(Figures 7 and 8), and the most proximal 3 km of each
averages 1.8 ± 0.2°, with a range between 1.6° and 2.0°
(Tables 1a–1c). This is in the transitional realm from alluvial
fan sediments [Blair and McPherson, 1994] to larger dis-
tributive fluvial systems [Hartley et al., 2010]. This angle,
1.8° ± 0.2°, is taken as the original proximal fan depositional
angle for all alluvial sediments in the Pampa del Tamarugal
Basin. Because this mean represents the most proximal and
steepest section of each fan system, we consider that this
assumed primary dip will minimize the perceived post‐
depositional uplift, and is therefore taken as a conservative
estimate of tectonic tilt.
[48] The approximately 11 and 5 Ma paleosurfaces at the

eastern limit of the Pampa del Tamarugal Basin reveal a

Figure 8. Positions of paleo‐surfaces used to determine angles of rotation for 11 and ∼5 Ma time per-
iods along and to the east of seismic lines 99‐06, 99‐07, 99‐09 and 99‐10. The blue diamonds (from seis-
mic data) and pluses represent the upper surface of the Altos de Pica Formation (AdP); the triangles
represent the upper surface of the upper Miocene‐Pliocene eolian and alluvial deposits (MP) in the north-
eastern region; the circles mark the top of the Arcas unit in outcrop and except as noted, the Arcas unit is
the top surface of the lowlands in the western part of each profile. The subsurface positions of the top of
the Altos de Pica member 5 (blue diamonds) derived by converting reflectors from time to depth using
interval velocities at 2.5 km intervals (100 shot points). For each cross section east of the seismic profiles,
two parallel topographic profiles are shown, one black and one red, spaced <1.5 km apart. Crosses in red
circles represent a change in angle of the paleo‐surfaces, and the red dashed line indicates the interpreted
location of the western limit of rotation. The surface geologic unit traversed by the line of section is labeled.
A green line segment approximates the upper surface of the Arcas unit between the monoclinal hinge and
the Arcas pinch out; its inclination is indicated in green numerals. A blue line segment approximates the
upper surface of the Altos de Pica Formation; its inclination is indicated in blue numerals.
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progressive decrease in dip from the older stratigraphic units
to the youngest, from a mean of 4.4° ± 1.2° for the top of the
AdP to 2.6° ± 0.2° for the top of the Arcas unit, along four
roughly parallel profiles that are perpendicular to the regional
tectonic and topographic strike (Tables 1a–1c and Figure 8).
Compaction rotation of the Altos de Pica Formation during
burial beneath the Arcas unit would have caused a small
amount of rotation (Text S1, section S1.2), whose subtrac-
tion from the current slope leads to the estimate that 4.2 ±
1.2° is the compaction‐corrected average slope atop AdP
deposits (Tables 1a–1c and Figure 5b). Because the Arcas
unit is not buried, no burial compaction correction is needed
for its top slope. Given the interpretation that their deposi-
tional angles were similar to that of the modern fans, the
difference between the primary depositional dip (1.8 ±
0.2°) and the current dip of these compaction‐corrected
surfaces represents tectonic rotation (Tables 1a–1c). No
clear north‐south trend of the magnitude of tectonic rota-
tion of either surface is detected.
[49] Post‐depositional rotation of these Miocene surfaces

is summarized in Figure 5b (see Tables 1a–1c for uncer-
tainties, omitted temporarily for clarification of the con-
cepts). Tectonic rotation of 1.6° occurred between ∼11 and
∼5 Ma. Onlap of the Arcas unit thus took place atop an AdP
that was inclined at an average angle of 3.4°. Since ∼5 Ma,
an additional rotation of 0.8° affected the ∼11 Ma top of
AdP as well as the Arcas unit, bringing the angles to the
modern values.
[50] The lower, western hinge of the west vergent

monoclinal fold (Figure 5a) lies throughout the study area at
an elevation between approximately 1500 and 1750 m
(Figure 7). The eastern limit of the monocline occurs at an
elevation of approximately 4300 m within the study area.
Together, the mapped positions of the two hinges (Figure 7)
reveal a minimum rotational wavelength of 29.3 km ±
1.6 km (l of Figure 5a; see Tables 1a–1c).
[51] As both the lower limb of the monocline (Figure 5)

and the depositional profile of the modern alluvial surface
(Figure 9) involve a decrease in inclination from east to
west, it is important to consider whether the westward
decrease in inclination of the paleo‐surfaces (Figure 9) was
produced by the original depositional profile or by long‐
wavelength folding. Note that the dimensions of the changes
in the depositional profile differ from those of the paleo‐
surface. Measured with respect to the point where a modern
channel transitions from confined to unconfined morphol-

Table 1a. Pampa del Tamarugal Depositional and Structural Incli-
nations of Basin Fill: Modern Depositional Angles for Stream
Channels in the Study Area

Distance Reported (km) Surface Angle (deg)

Chipana 3 1.8
Guatacondo 3 1.8
Maní 3 2
Sipuca 3 1.6
de Sama 3 2
Tambillo 3 1.8
Mean 1.8
±1 SD 0.2
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ogy, which is the eastern limit of a depositional profile
(Figure 9), the depositional slope diminishes westward
gradually by an average of 1.2° (range 1.1–1.4°) within a
distance of ∼4–8 km. In contrast, the paleo‐surface overly-
ing the Altos de Pica Formation diminishes its inclination
about 20 km (range 14–23 km) west of its eastern limit, and
does so by an average of 2.2° (range 1.3–4.2°) (relying on
the depth conversions of seismic data, shown in the sub-
surface of Figure 8). We reason that the major hinge
expressed in the seismic data is too far from the apex of the
corresponding paleo‐fans to attribute it to the original fan
profile. Further, we hypothesize that the original position of
the break‐in‐slope corresponding to the westward decline in
depositional slope of the AdP is embedded within the
monocline limb (Figure 8); note that for sections a, b, and c,
the top of AdP is more steeply inclined within the eastern-
most 3 km of its outcrop limit than it is farther west.
Regarding the top of the Arcas unit, its inclination declines at
an average distance of 8 km (range 3.1–12.9 km) west of its
eastern limit, by 0.6° (range 0.5–0.7°). These values overlap
more substantially with those of the modern depositional
profiles.
[52] These geometric relationships yield a total tectonic

uplift of 1220 ± 620 m since ∼11 Ma (Tables 1a–1c), par-
titioned between 810 ± 640 m of topographic uplift between
∼11 and 5 Ma, and 400 ± 160 m of topographic uplift be-
tween ∼5 Ma and the present (see Tables 1a–1c for clarifi-
cation of the estimated uncertainties). These translate to a
mean rate of uplift of the eastern margin of the AdP outcrop
belt of 130 ± 110 m/Myr between ∼11 and 5 Ma, and of
80 ± 30 m/Myr since ∼5 Ma (Table 3). Given the uncer-
tainties on geometry that are stated as well as uncertainties
on the age of the top of the AdP (Text S1, section S1.1),
these rates are indistinguishable. The uncertainties repor-
ted here take into consideration the variability of measured
values of paleo‐surface inclinations, of depositional slopes,
and of the monocline width, as well as the variability
of estimates of compaction (Tables 1a–1c and Text S1,
section S1.2). Although the uncertainty on the magnitude of
structural relief development between 11 and 5 Ma is large,
the general nature of the change in landform between
∼11 and 5 Ma is uniform throughout the Western Andean
Slope in the study area.

6.5. Uncertainty

[53] Figure 8 reveals that the apparent depth to the
∼11 Ma horizon, determined from the seismic profiles,
increases systematically to the west, continuing the trend
visible in outcrop. This suggests that any error in the
stacking velocities is consistent among nearby shot points.
The magnitude of the systematic error is best discerned in
the zone of overlap between seismic profiles collected on
uplands and the outcrop in nearby parallel deep canyons.
For two profiles with one or two kilometers of overlap
between the subsurface and surface data (Figures 8c and
8d), we see that the estimated position in depth of the
easternmost location of the mapped ∼11 Ma reflector is
80 m (±70 m) deeper than the projected position based on
westward extension along a line of constant dip from the
surface outcrops. This implies strongly that, for those
locations, the true velocity is less than the stacking velocity,
resulting in an overestimate of the reflector depth by ∼35–
140%. Because this uncertainty would propagate to an even
larger uncertainty on the tectonic rotation and calculated
relief growth, we do not use the subsurface apparent dip of
the top of the AdP in the rotation analysis. Instead, we use
only the present dip of the top of the AdPwhere it is exposed
in outcrop, which constitutes the majority of the profile
width for which we have constraints (Figure 8). We use the
subsurface inclinations only to find the locations of the
lower hinge of the monocline.
[54] The amount of compaction that influenced the Altos

de Pica Formation during burial beneath the Arcas unit is
poorly constrained, because the depositional porosity, final
porosity, and diagenetic history are all unknown. Never-
theless, because little compaction would have been induced
by the small mass of the Arcas unit, the compaction uncer-
tainty of 0.2° contributes little to the overall uncertainty on the
relief growth.

7. Description and Analysis of the Salar
de Atacama basin (∼22°50′S–23°50′S)
7.1. Landform

[55] The Salar de Atacama is perched on a topographic
platform located at a much greater distance from the trench

Table 1c. Structural Relief Development Resultant From Postdepositional Rotation, Corrected for Compaction for Four Seismic Linesa

Width of
Monocline

Lambda (km)

Current
Inclination
Post‐∼5 Ma

Compaction
Corrected

Post‐∼11 Ma

Depositional Dip Corrected Structural Relief Added Across Monocline

Post‐∼5 Ma Post‐∼11 Ma Post‐∼5 Ma Post‐∼11 Ma Between 11 and 5 Ma

Seismic line
99‐06 30 2.44 5.39 0.64 3.59 335 1882 1547
99‐07 30 2.76 4.67 0.96 2.87 503 1505 1002
99‐09 30.5 2.35 2.70 0.55 0.9 293 479 186
99‐10 27.5 2.81 3.90 1.01 2.1 485 1008 524

Mean 29.3 2.59 4.17 0.79 2.37 404 1219 815
±1 SD variance 1.6 0.23
Fractional uncertainty 0.39 0.51 0.8
Uncertainty 1.18 0.30 1.20 157 621 641

aUncertainties on deposition‐corrected inclinations are the square root of the sum of the squares for standard deviations on current dips and depositional
dips. Uncertainties on post‐5 and post‐11 Ma structural relief are from the square root of the sum of the (squared tangent of the fractional uncertainty on the
corrected dips and squared fractional uncertainty on the monocline width). Uncertainty on the uplift between 11 and 5 Ma is from the square root of the
sum of the squares of the uncertainties on the post‐5 and post‐11 Ma reliefs.
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(300 km) than is the Pampa del Tamarugal (∼180 km) and is
1300 m higher in elevation (Figures 2 and 3). The Western
Andean Slope east of the Salar de Atacama is a simple
west dipping plane, whose upper limit ranges from just
over 5000 m elevation in the north to about 4400 m in the
south. The lower limit of the east branch of the Western
Andean Slope is the Atacama salar (salt pan), at 2300 m
elevation (Figure 3). An alluvial apron between the salt plan
and ∼2500 m elevation provides the superficial transition
between the horizontal basin and the Western Andean
Slope. At elevations midway between the toe and crest (i.e.,

in the range of 3000–4000 m above sea level), the long‐
wavelength slopes (pixel size 21 × 21 km) are ∼4° [Hoke,
2006]. Most of the Western Andean Slope is covered by
Pliocene and Quaternary ignimbrites (Figure 6d) [Ramírez
and Gardeweg, 1982] that are part of the Altiplano‐Puna
Volcanic Complex [de Silva, 1989]. Large stratovolcanoes
and small lava domes sit in isolation on top of this westward‐
inclined surface at a variety of elevations [Ramírez and
Gardeweg, 1982]. Hoke [2006] showed that the monocline
here has the least dissected form of any location along the
west flank of the Andes.

Figure 9. Longitudinal channel profiles for the six catchments used to determine the depositional angle
for the modern alluvial system (locations shown on Figure 7). The arrow indicates the point at which the
channel becomes unconfined downstream. For the depositional angle, a linear best fit line (dashed black
line) was generated for the first 3 km (light blue line) of the unconfined segment of the channel. The angle
this line makes with the horizontal is noted for each channel.
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[56] The Western Andean Slope adjacent to the northern
half of the salar is a remarkably simple tilted plane, hence
we focus north of 23°30′S. In contrast, adjacent to the
southern half of the salar, the Western Andean Slope is a
more complicated feature. To a first order it is also a west
dipping plane spanning from 2500 m to about 4400 m above
sea level, but the stratovolcanoes are both so large and so
abundant that they dominate the surface morphology, and
numerous north trending fault scarps with vertical dis-
placements of tens to hundreds of meters form a set of steps
in elevation [Ramírez and Gardeweg, 1982]. The strike
of the long‐wavelength westward‐tilted surface varies from
north to south, as part of a broad arc of the Andean front
around the Salar de Atacama basin. North of 23°10′S the
strike is ∼N15°W, between this latitude and 23°35′S the
strike is ∼N0°W, and south of 23°35′S the long‐wavelength
landscape strikes N20°E. Large uncertainty exists about the
geomorphic history of the landforms east of the Salar de
Atacama for times earlier than about 5 Ma, because the large
volume Pliocene and Quaternary ignimbrites obscure vir-
tually all older rocks [Ramírez and Gardeweg, 1982; de
Silva, 1989].

7.2. Stratigraphy

[57] Muñoz et al. [2002], Jordan et al. [2002, 2007],
Pananont et al. [2004],Mpodozis et al. [2005], Reutter et al.
[2006], and Arriagada et al. [2006] have recently summa-
rized the stratigraphic and structural evolution of the Salar
de Atacama, for which they integrated extensive subsurface
data with outcrop data. For consistent usage of stratigraphic
terminology and because the units of interest to this study
are only those of the Neogene, we draw principally upon the
work of Jordan et al. [2002, 2007]. Two thick Miocene to
Holocene units, identified as seismic stratigraphic sequences
“L” (older) and “M” (younger), reach a sum of about 2500 m
thickness in the mid‐line of the Salar de Atacama (Figures 6d
and 10).
[58] Unit “L” is the upper part of a unit (“K”) that in total

encompasses Oligocene to middle Miocene strata [Jordan
et al., 2007]. Unit K is very difficult to subdivide in the
northwestern part of the basin where there are outcrops with
age constraints but also complex faults and folds and poor
quality seismic data. In contrast, below the salar L is sepa-
rated from the lower part of “K” by an unconformity, and
spans approximately ∼17–10 Ma [Jordan et al., 2007] (see
the auxiliary material for a discussion of the uncertainty on
this age). The geometry of unit L is simple: it is lenticular,
thinning gradually to the east and more abruptly to the west
(Figures 6d and 10). Unit L corresponds to the depth range
between 980 m and approximately 1800 m in the Toconao‐1
borehole where the dominant lithology is claystone, with
minor sandstone and anhydrite. The western limit of L has
been uplifted along the margin of the Cordillera de la Sal
(Figures 6d and 10), which is the locus of salt deformation
and underlain at depth by a tectonic thrust system [Pananont
et al., 2004; Reutter et al., 2006].
[59] Unit M, dominated by halite, constitutes approxi-

mately the uppermost kilometer of strata throughout the
area of the Salar de Atacama (Figure 10). Unit M contains

interbeds of ignimbrites, which are the dominant feature of
the surface geology of the Western Andean Slope immedi-
ately east of the salar where they are well dated. The ten-
tative recognition of some ignimbrites in upper unit L as
well as within unit M indicates that the top of L is younger
than the oldest major late Cenozoic ignimbrite, which leads
to the interpretation that the base of M is between 5 and
10 Ma [Jordan et al., 2002].
[60] This succession of sedimentary horizons preserves

the Miocene and Pliocene landforms that existed within the
Salar de Atacama sedimentary basin, and we track the long‐
wavelength deformation of two paleo‐surfaces, one whose
age is ∼17 Ma (base of unit L) and one ∼10 Ma (base of
unit M). The environment in which the halite of unit M ac-
cumulated is interpreted to have been an evaporite salt pan
[Lowenstein et al., 2003], while the environment for under-
lying unit L was a clastic playa or mudflat [Muñoz et al.,
2002; Jordan et al., 2007]. These are environments in which
the primary depositional dip would have been approxi-
mately horizontal. Broader information about the facies
distribution throughout the Salar de Atacama basin and to its
west indicates that the drainage basin has been closed since
the Oligocene [Reutter et al., 2006; Jordan et al., 2007]. We
can treat non‐horizontality of horizons within units L and M
as evidence of post‐depositional tilting.

7.3. Short‐Wavelength Deformation, Basin‐Scale
Subsidence, and Non‐Tectonic Rotation

[61] Five types of relief development may have played a
role in the modern geometry of Miocene to Quaternary
strata in the Salar de Atacama basin. First, Salar de Atacama
displays a significant degree of Miocene‐Quaternary defor-
mation across high‐angle reverse faults [Jordan et al., 2002,
2007]. Second, the western flank of the basin displays spec-
tacular examples of deformation due to gravitational insta-
bility of thick Oligocene salt deposits [Pananont et al., 2004].
Third, there may have been tectonic subsidence at the
wavelength of the full sedimentary basin that would con-
tribute to the creation of structural relief that is measured
along horizons of known age [Reutter et al., 2006; Jordan et
al., 2007]. Fourth, given a thickness of Cenozoic deposits
within this basin that exceeds 3000 m locally and varies
spatially, differential burial compaction may have added a
significant magnitude of westward rotation. The mass of
these sedimentary rocks would also be at least partially
compensated by isostatic subsidence. Fifth, there has been
long‐wavelength westward rotation of the eastern flank of
the basin, which is the focus of this analysis, and is treated in
the following section. Here we briefly review the nature and
magnitude of the first four categories of deformation. More
detail is provided in the Supplementary Data.
[62] Two principal zones of short‐wavelength deforma-

tion have been strong controls on the net distribution of
strata within the Salar de Atacama basin since the Oligo-
cene. Near the centerline in the southern part of the basin is
the blind, north trending, west‐side‐up Salar Fault System
(Figure 10). The second zone of significant Neogene
deformation is the Cordillera de la Sal along the western
margin of the salt pan.
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7.3.1. High‐Angle Reverse Faults Within the Basin
[63] The thickness pattern of unit M is markedly affected

by the north trending Salar Fault System that roughly bisects
the southern third of the salar. Unit M’s thickness changes by
some 600–800 m across the Salar Fault System (Figure 10).
The principal fault in the Salar Fault System has a geometry
that is nearly vertical but slightly reverse, and elevates the
basement of the western block by ∼900 m total [Jordan et al.,
2002]. This important Salar Fault System is part of a family
of north trending faults that were active between the late
Miocene and Holocene [Ramírez and Gardeweg, 1982] south
of 23°28′S. These include a set of faults within the Cordón
de Lila peninsula which bisects the south end of the salar, the
multiple reverse faults in the valley southwest of Peine, the
ridge of basement rocks immediately east of Peine, a series of
fault‐bounded strongly tiltedMiocene strata 10–20 km east of
Peine, and the Miscanti fault which impounds Lake Miscanti

at the western margin of the Puna plateau. Although only the
offset on the blind Salar Fault System is well documented,
a widespread set of landforms and faults reveals that the
Western Slope is not a simple monocline here. Nearly all of
these moderate‐ to large‐offset reverse faults display east
directed vergence and thus act to uplift the basin (western)
end of the Western Andean Slope in opposition to the long‐
wavelength rotation. Back‐tilting in the hanging wall of these
individual blocks would increase westward tilting locally.
Thus we will confine our analysis of rotation patterns and
their interpretation in terms of monoclinal structural relief
development to the area north of 23°28′S, where these faults
do not occur.
[64] In the northern part of the basin, unit L thins abruptly

to the margin of the Cordillera de la Sal. Pananont et al.
[2004] deduced that there may have been offset along a
reverse fault that underlies the Cordillera de la Sal during

Figure 10. Isopach maps for units M [from Jordan et al., 2007] and L in the Salar de Atacama basin.
The locations of seismic lines on which Jordan et al. [2002], Pananont et al. [2004], and Jordan et al.
[2007] based their analyses are shown, plus the locations of seismic lines 1g002, 1g006, and 1g16b,
whose results are key to this study. Line segments “a,” “b,” and “c” show the sections that have west
dipping inclinations that we relate here to the long‐wavelength Western Andean Slope. CL marks the
peninsula of the Cordón de Lila.
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this time interval. Jordan et al. [2007] interpreted that the
Cordillera de la Sal rose to or above the depositional surface
during unit L time. In summary, we conclude that the
thinning west of the dashed line in Figure 10 is likely related
to the Cordillera de la Sal local tectonic and salt‐flow
phenomena.
[65] Along the full north‐south extent of the eastern bor-

der of the salar, a set of small offset reverse faults (Peine
fault system) raise the western block, and thus are antithetic
to the main topographic gradient from the Altiplano‐Puna
plateau to the salar. These faults, which typically affect
thickness patterns by tens of meters, were active largely
while unit L accumulated, and also disrupt the lower part
of unit M.
[66] In the southern half of the basin, unit L’s thickness

pattern (Figure 10a) reveals no localized depocenters and
therefore little or no tilting by differential tectonic subsi-
dence within the Salar de Atacama basin. The pattern also
reveals a small magnitude of thinning to the east that is at
least in part due to onlap across a pre‐existing topography
[Jordan et al., 2007]. However, for the northern half of the
basin the thickness pattern of L (Figure 10) reveals sub-
sidence of the midline of the salar (dashed heavy line,
Figure 10) relative to the eastern border of the salar, con-
sistent with the long‐wavelength tilt of the basin due to either
regional long‐wavelength rotation of the Western Andean
Slope and/or differential compaction of underlying strata.
[67] Even at distances of over 10 km from the two major

local‐scale faults (i.e., Salar Fault System and Cordillera de la
Sal), unit M measures greater than 1000 m thick throughout
the eastern half of the salar (Figure 10). Similarly, geometries
of M imaged in the seismic data show no sign of short‐
wavelength footwall tilting at distances greater than ∼7–
10 km east of either the eastern border of the Cordillera de la
Sal or of the northern tip of the Salar Fault System.
[68] Consequently, we interpret that the unit M thickness

pattern beneath the eastern salar is not diagnostic of any
local fault control on subsidence. Unit M persists at ∼1000‐m
thickness of salar facies until it reaches the location of
interfingering with ignimbrite sheets that continue eastward
to the crest of the Altiplano‐Puna plateau (Figure 6d). We
postulate that the tilt of the eastern part of the basin during the
accumulation of unit M reflects regional long‐wavelength
rotation of the Western Andean Slope and/or differential
compaction of underlying strata of the Salar de Atacama
basin.
7.3.2. Salt Tectonics
[69] Salt tectonics are responsible for thousands of meters

of structural relief along the northwestern margin of the
Salar de Atacama basin [Pananont et al., 2004]. During both
L and M times, salt‐withdrawal subsidence and salt‐tectonic
uplift occurred near the Cordillera de la Sal. However,
review of the ∼700 km of high‐resolution seismic reflection
profiles distributed across the salar (Figure 10) found no
evidence of salt tectonic deformation elsewhere [Jordan
et al., 2007].
[70] Well‐documented salt diapirism during unit L time

within the Cordillera de la Sal was supplied by salt with-
drawal from the underlying Oligocene‐lower Miocene unit K
(Paciencia Group), which caused significant subsidence of

the basin within a few kilometers east and west of the diapirs
[Dingman, 1962; Wilkes and Görler, 1988; Pananont et al.,
2004]. The progressive onlap and deformation of unit L
against the eastern flank of Cordillera de la Sal [Jordan et
al., 2007, Figure 8e] would account for much of the
abrupt unit L thinning at the western margin of the salar
(Figure 10a). Likewise, adjacent to the northwestern M
depocenter (Figure 10b) a large degree of migration of salt
occurred during unit M time, but the relative contributions
to that depocenter of salt flow compared to tectonics are
uncertain [Pananont et al., 2004; Reutter et al., 2006]
(Figure 10b). Only where the trend of the Cordillera de la
Sal converges with the trend of the Western Andean Slope
in the northernmost Salar de Atacama basin is there overlap
that interferes with our analysis of rotation related to the
Western Andean Slope. Consequently, the Cordillera de la
Sal salt‐withdrawal effect as well as its tectonic fault may
include profile “a” of our new data set, but profiles “b” and
“c” are distant from the local effects of that faulting and salt
tectonics (Figure 10).
7.3.3. Tectonic Subsidence of the Full Width
of the Salar de Atacama
[71] The great thickness of Neogene and Quaternary strata

in the Salar de Atacama basin indicates that there probably
was net tectonic subsidence of the basin as a whole during
the Cenozoic. For example, a ∼2500 m thick package of
nonmarine Paleogene strata now occurs ∼500 to ∼3000 m
below sea level under the center of the basin (Figure 6d). It
is nearly impossible to quantify the magnitude or time of net
basin‐wide tectonic subsidence of Oligocene or younger age
because the major Oligocene phase of tectonic subsidence
created a closed drainage basin which has persisted to the
present [Pananont et al., 2004; Reutter et al., 2006; Jordan
et al., 2007]. In such an internally drained basin all of the
strata are nonmarine, irrespective of whether the basin floor
was above or below sea level, and thus there is no reference
horizon for absolute subsidence. Indeed, part of the expla-
nation of the great thickness (∼1000 m) of dominantly
evaporite basin fill during the last ∼10 Ma is that the closed
topographic low trapped all solutes in groundwater, leading
to ascent of the depositional surface irrespective of descent of
the basement. It is further difficult to quantify within‐basin
middleMiocene and younger tectonic subsidence because the
basin was a topographic low created by Oligocene‐early
Miocene extension [Pananont et al., 2004; Jordan et al.,
2007]. We cannot document what fraction of middle Mio-
cene to Holocene thickness was caused by passive filling of a
pre‐existing valley.
7.3.4. Compaction Rotation and Isostatic Subsidence
due to the Mass of Accumulating Strata
[72] Because thousands of meters of strata underlie units L

and M [Jordan et al., 2007], there is a likelihood that pro-
gressive compaction of those underlying strata occurred
under the added burial load of units L and M. The amount of
rotation that can be caused by this compaction is propor-
tional to a) the difference in thickness of the strata under-
lying the western end of a given profile compared to the
eastern end of that profile, b) the difference in thickness of
units L and M at the western and eastern points (Figure 6d),
as these are the added mass which drives compaction, and c)
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the initial surface porosity and curve of porosity loss with
depth. Units between the Cretaceous rocks and lower unit K
thicken westward below the central part of Salar de Atacama
(Figure 6d; units H‐K) and therefore their compaction may
have contributed to the westward tilt of the base of unit L
and base of unit M. In Text S1 and Table S2, we explore in
depth the plausible magnitude of compaction rotation.
[73] Isostatic subsidence under the considerable mass of

the thick basin fill could cause subsidence in a sea level
reference frame. Because the thickness of basin fill increases
toward the west in each profile, local isostatic compensation
of the mass could enhance the westward rotation and would
add to rotation of the basement. One can readily calculate
the plausible maximum contribution of local isostatic com-
pensation by assuming Airy compensation and create an
estimate for the westward rotation that would result from
differential compensation of the eastern and western ends
of our seismic data profiles. However, the isostatic sub-
sidence probably is not locally compensated but instead is
regionally compensated by flexure, considering Schurr
and Rietbrock’s [2004] demonstration that Salar de Ata-
cama is a cold and rigid lithospheric block. The implica-
tion is that the true westward isostatic rotation is of lower
magnitude than that computed from local compensation.
We do not attempt to further constrain a numerical esti-
mate for isostatic tilting because the uncertainty of the
physical premise, of local compensation rather than flex-
ural (regional) compensation, introduces errors that exceed
other sources of uncertainty, such as the spatial variability
of unit thickness and the uncertainty on the selected den-
sities. Instead of introducing a correction as part of the
inclination analysis, we calculate the plausible maximum
subsidence at the western hinge of the monocline, assuming
Airy compensation, and consider the added uncertainty that
this introduces in the final interpretation of the magnitude
of tectonic uplift across the monocline (Tables 2 and 3).
Calculation of the local isostatic subsidence is part of a
conservative approach to estimation of tectonic subsidence,
but we do not advocate that these are accurate values of
subsidence under the mass of the sedimentary rocks in the
Salar de Atacama basin.

7.4. Uncertainties on the Interpretation of Regional
Tilting of the Salar de Atacama Basin

[74] Uncertainties include the interpretation of the seismic
stratigraphy, seismic velocities, burial compaction parameters,
isostatic subsidence parameters, the structural interpretation,
and the primary depositional dip. In Text S1, section S2.3, we
treat the uncertainties on the seismic velocities and compaction
parameters, and their impacts on tilt, through numerical
experimentation with a range of plausible values. The other
categories of uncertainties are subject to qualitative assess-
ment, described here.
[75] As illustrated by Jordan et al. [2002, 2007] the

quality of seismic reflection data for Salar de Atacama is
excellent. We had available for interpretation processed data
displayed on a combination of paper copies and as Power-
point slides, all of which lack stacking velocity data. It is
possible to tie all the east‐west oriented seismic lines avail-

able for this study through intersections with tie lines. The
bases of units M and L have been mapped independently by
N. Muñoz and TEJ and reconciled [Muñoz et al., 2002;
Jordan et al., 2002, 2007], but we cannot rule out a one‐cycle
(∼40–50 ms) or two‐cycle miscorrelation at some point over
the 47 km that separate the northernmost and southernmost
lines whose data we present. Error in correlation will affect a
comparison of tilts at various latitudes. In addition, the ability
to accurately trace reflectors within a single seismic line
affects accuracy of measurement of the magnitude of tilt
of those surfaces. For Salar de Atacama, the quality of the
data diminishes toward the eastern extreme where the long‐
wavelength rotation occurs. Uncertainties in tracing either
the base of M or the base of L could be as much as ∼100 ms.
For M, which has a thickness of about 700–1000 ms in the
parts of the seismic lines reported here, this would produce an
error of 10–14%. For unit L, whose thickness varies between
approximately 250 and 750 ms, this uncertainty could pro-
duce an error as large as 40%.
[76] The uncertainty on the structural interpretation is

“unknowable.” We are seeking structural tilts at the borders
of the seismic data set, and we have no subsurface informa-
tion beyond the limits of those seismic data. For profiles b and
c (Figure 10), the locations of the 7–10 km wide segments
with simple westward tilt are in themselves the strongest
reason to consider them to be part of the monocline: they are
contiguous with the landform that is the Western Andean
Slope itself. For these two examples, the eastern limit of the
seismically imaged inclined zone is the eastern limit of the
seismic data, located low on the alluvial fans. But for profile
a, the inclined strata are approximately 6 km west of the
eastern limit of the seismic line and slightly farther from the
toe of the alluvial fans. The inclined zone is limited to its east
by a zone of horizontal reflections, which might be either
caused by localized deformation along the Peine fault system,
or may be related to a large structure. In the former case, we
would choose to extrapolate the dips defined in the inclined
zone across the whole width of the monocline; in the latter
case we should disregard these data, like we do for lines in the
southern sector of the salar where local structural tilting
overwhelms the regional signal.
[77] An additional structural uncertainty comes from the

three‐dimensional form of the Western Andean Slope around
the Salar de Atacama basin. Near the north end of the Salar
de Atacama, where profile “a” (seismic line 1g002) images
westward‐inclined surfaces, the exposed slopes trend NW
(Figure 3), whereas throughout the data set farther south the
exposed slopes trend N. This causes added uncertainty in
inclusion of data from profile “a.”
[78] Because there are only shallow boreholes along the

eastern margin of the salar, we cannot be certain that the
facies encountered at the Toconao‐1 borehole exist in pro-
files “a,” “b,” and “c.” Hence we cannot know that the
primary depositional dips of units L and M were horizontal.
Cores to a few hundred meters depth within a few kilo-
meters of profile “c” reveal dominant halite and gypsum,
providing general support for our assumption that salar and
playa depositional environments for unit M persist to depth
under profiles “a,” “b,” and “c” [Bevacqua, 1991]. That
there would be an extensive lacustrine zone with a hori-
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zontal primary dip, and that the lacustrine zone onlapped the
toe of the monocline progressively as time passed, is a
logical outcome in a closed drainage basin as the deposi-
tional surface rose. If, instead, units L or M of profiles “a,”
“b,” and “c” accumulated as alluvial fan deposits, by anal-
ogy to slopes of the alluvial fans now fringing the salar, their
primary dips would have been as much as 2°. Propagated
through the calculations, for the Toconao‐1 velocities,
compaction estimated for c = 0.4, and including all three
profiles (e.g., Table 2), if the primary dip were 2° then the
best estimate of the relief increase during deposition of M
would be only 630 m (compared to ∼2320 m if initial
condition was horizontal), and since initiation of unit L
would total 3460 m (compared to 5160 m if initial condition
was horizontal). We do not propagate this uncertainty below
because we consider the available subsurface data to strongly
support a near‐horizontal primary depositional slope in the
area of our seismic data.

7.5. Results: Tilted Long‐Wavelength Surfaces and
Surface Uplift

[79] Both the major boundaries of units M and L (Figure 6d)
and many reflectors within them increase in separation to the
west in a fan‐like geometry [see also Reutter et al., 2006],
which indicates that long‐wavelength tilting was contempo-
raneous with accumulation of those two units, rather than
pre‐depositional or post‐depositional. In the northern half
of the Salar, where there is little effect of the short‐wavelength
basement reverse faults, the east ends of three seismic lines
reveal that the bases of units M and L are inclined several
degrees to the west over distances of 7–10 km (Figures 6d and
10 and Table 2). To a first approximation, the base of unit M

is co‐linear with the topographic profile of the Western
Andean Slope. Like for the Pampa del Tamarugal, we use the
history of development of the sub‐M and sub‐L surfaces as a
measure of the evolution of the topography of the Western
Andean Slope.
[80] Depth calculations made assuming the sonic veloci-

ties documented in the Toconao‐1 borehole [Jordan et al.,
2007, Figure 4] (Table S3) indicate that below the eastern
salar the base of unit M displays 3.8° ± 0.9° of long‐
wavelength tilt to the west, and the base of L tilts 6.8° ±
1.5°. Based on a scenario that maximizes compaction rota-
tion (see the auxiliary material), compaction is estimated to
have introduced westward tilt whose mean is 1.1° ± 0.3° for
unit M and 0.7° ± 0.4° for unit L (Table S2). Discounting
from the gross rotation by this compaction rotation as well as
the possible depth conversion errors introduced by the need to
apply sonic velocities from a single borehole (Table S3), the
rotation results in an estimated long‐wavelength structural
relief increase of 2320 ± 1050 m and 5160 m ± 2280 m for the
bases of units M and L, respectively (Table 2).
[81] The assignment of part of that structural relief to

tectonics and part to differential isostatic subsidence driven
by the mass of the basin has been crudely examined (Table 2).
The assumption of local compensation produces upper limits
for isostatic adjustment of 960 m (during M accumulation)
and 1680 m (since the beginning of L accumulation). If
this isostatic compensation contributes to the structural offset,
then the remaining part, at least 1370 m ± 1190 m of relief
formation synchronous with unit M and ∼3480 ± 2380 m of
relief increase since initiation of unit L, appear to be of long‐
wavelength tectonic origin. At this point, the uncertainties
have grown to be large fractions of the best estimates of the
uplift values without even encompassing the core uncertainty

Table 3. Summary of Tectonic Relief Development of the Western Flanks of the Altiplano and Puna Relative to the Fore Arc Basins

Western Margin of the Altiplano

∼26–11 Ma ± Uncertaintya 11 to 5 Ma ± Uncertaintyb 5 to 0 Ma ± Uncertaintyb

Pampa del Tamarugal basin
Relief developed (m) 2000 500 810 640 400 170
Relief development rate (m/Myr) 130 135 110 80 31

Western Margin of the Puna

∼17 to 10 Ma ± Uncertaintyb ∼10 to 0 Ma ± Uncertaintyb ∼6 to 0 Ma

Salar de Atacama basin: east branch of Western Andean Slope
Relief developed (m)c 2840 2510 2320 1050
Relief development rate (m/Myr) 410 360 230 100

Atacama block (west branch of Western Andean Slope)
Relief developed (m) ≤900 ?
Relief development rate (m/Myr) ≤150

Sum of west and east branches of Western Andean Slope
Relief developed (m) 2840 2510 ≤3220 ?
Relief development rate (m/Myr) 410 360 <320 ?

aUncertainty on early middle Miocene short‐wavelength monoclinal uplift reports the variation in ranges resolved by Farías et al. [2005] , Victor et al.
[2004], and this study (the latter based on the difference between the actual topographic relief and the structural relief accounted for by post‐11 Ma rotation.

bUncertainty reported incorporates uncertainties on seismic velocities and compaction but does not quantify uncertainties on the geologic interpretation
of the seismic data. Rate uncertainties derived by multiplying the rate by the fractional uncertainties on the uplift magnitudes (Tables 1a–1c and 2).

cFrom the “structural relief across monocline” in Table 2.
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about the appropriateness of the assumed local isostatic com-
pensation. We do not consider the isostatic effects further.
[82] Because the uncertainties are many and possibly

large, we consider the timing and amount of monoclinal
relief formation west of the northern Puna based on the
numerical values developed in this study to be only an
approximation of the first‐order signal and general age
range of structural relief development. In general the
seismic data show a progressive rotation of the strata near
the eastern margin of the Salar de Atacama basin, creating
a westward fanning of horizons in units L and M, and the
available chronology [Jordan et al., 2002, 2007] indicates
that these units span the middle Miocene through Qua-
ternary. The magnitude of growth of relief during the
middle Miocene, as well as during the late Miocene and
Pliocene, was of kilometer scale, and rates were hundreds
of meters per million years (Table 3).

8. Description and Analysis of the Calama
Basin (22°S–23°S)
[83] A longer‐wavelength (125–200 km) west dipping

ancient landscape is visible between 22°S and 24°S
(Figures 3 and 4). Hoke [2006] noted that the distribution
of long‐wavelength slopes could be viewed as if the
Andean mountain front splits into two parts. The western,
subdued and discontinuous branch of the Western Andean
Slope is the western flank of the Cordillera Domeyko, a set
of deeply eroded discontinuous mountains (Figure 2),
remnant from mountain building during the Eocene and
Oligocene [Maksaev and Zentilli, 1999]. This long‐
wavelength slope drapes Schurr and Rietbrock’s [2004]
NW‐trending strong and cold Atacama lithospheric
block near 22°30′S (Figure 2), and is immediately adjacent
to this 70‐km‐wide lithospheric block at 23°30′S. The
∼50 km wavelength eastern branch of the Western Andean
Slope rises to the northern Puna plateau immediately east
of the Atacama block.
[84] We hypothesize that the surface uplift of the Calama

and Salar de Atacama basins to intermediate altitudes
(Figures 3 and 4) is contemporaneous with long‐wavelength
rotation of the western branch of the Western Andean Slope,
and that this rotation may be genetically connected to the
Atacama lithospheric block. We deduce from Calama basin
Miocene strata that extend over an east‐west distance of
∼90 km a few basic constraints on the very long wavelength
tilt across the west branch (Figures 3c and 6c). After brief
treatment of the eastern branch, we focus on the western
branch.
[85] The Calama basin has been defined by May et al.

[1999] to extend from ∼68°20′W to 69°15′W, based on
the distribution of the tens‐of‐meters thick Pliocene strata
that cap most of the basin. Jordan et al. [2006] considered
the Calama basin to be only the region between ∼68°20′W
and 68°55′W at whose center there is a depocenter with over
2000 m thickness of Cenozoic strata. For our current pur-
pose, we adopt May et al.’s [1999] broader usage.
[86] Subsurface and surface stratigraphic data for the east

side of the Calama basin demonstrate a relationship to the
eastern branch of the Western Andean Slope similar to that

of the Pampa del Tamarugal and Salar de Atacama basins.
However, only a single appropriately oriented, good‐quality
seismic reflection profile permits definition of the eastern
margin strata, and resolves only the position at depth of a
single dated unit whose depositional inclination we can
estimate. This stratigraphic reference is the ∼20 Ma El Yeso
Formation, comprised of ∼30–60 m of sandstone and well‐
bedded gypsum. The depositional environment was a salar,
or salt pan [Blanco, 2008], to which we assign an initial
depositional surface tilt of 0°. The overlying strata that are
involved in this rotation are alluvial fan deposits, whose
depositional angle we cannot estimate with confidence
(Text S1, section S3.1). For this single cross section, the
width of the eastern branch of the Western Andean Slope is
uncertain both because extensive Pliocene to Quaternary
volcanic edifices cover its eastern side and because of local
deformation (Figure 6c); we estimate the plausible range as
23 km to more than 35 km. The El Yeso Formation dips 3°
toward the west across the lower 11 km of the slope. Using
simple geometric relationships and considering the uncer-
tainty on the monocline width, this implies that the structural
relief produced may have been 1520 m ± 440 m, or more,
since ∼20 Ma.
[87] The only additional age resolution of the time of

relief development comes from Blanco’s [2008] observation
that a greater proportion of detrital sediments entered the
basin from the eastern flank between 10 and 6.5 Ma than
had been true during the middle Miocene. Blanco [2008]
interprets the late Miocene increase in clastic material as
indicating significant contemporaneous relief development
along the eastern flank of the Calama basin as a result of
displacement on the east vergent fault system east of the
Calama basin depositional systems (Figure 6c, dashed fault;
see Text S1, section S3.2). How much of the post‐20 Ma
westward tilting identified in the El Yeso unit is a result of
this reverse fault system, which is largely covered by vol-
canic rocks, and how much is a result of long‐wavelength
monoclinal folding along the east branch of the Western
Andean Slope, is uncertain.
[88] Uncertainties on this eastern Calama basin result are

significant. We lack sufficient along‐strike information
about the geometry of the basin fill to use statistics of var-
iability to assess the uncertainty on the magnitude of tilt.
This is especially limiting because the long‐wavelength
topography of the Calama basin is complex and very three‐
dimensional (Figure 3a). In specific, the eastern slope of the
Calama basin strikes NE to NNE, even though the eastern
branch of the Western Andean Slope at this latitude strikes
NNW, which also suggests that displacement along faults
east of the basin contributes to the documented structural
relief.
[89] The western part of the Calama basin drapes the

western, subdued and discontinuous branch of the Western
Andean Slope. Because the western branch of the
Western Andean Slope is on strike with the single‐strand
Western Andean Slope farther north (Figure 3), at least
some part of the relief development history of the western
arm of the Calama basin may have been shared with the
long‐wavelength monoclinal structure to its north. Mortimer
[1980] first suggested that the westward tilt of the western
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arm of the Calama basin may reflect a long‐wavelength
rotation that uplifts the Atacama‐Calama block to its inter-
mediate elevation (Figure 4), and Houston et al. [2008]
proposed that the tilting occurred during the late Miocene
to Pliocene.
[90] In the latest Miocene and Pliocene, 6–3 Ma, depo-

sition was more widespread in the Calama basin (Opache
Formation) than at any prior time, spanning ∼100 km
throughout the lowlands of the Calama Valley and stretch-
ing both northward and westward in long fingers that follow
the course of the Loa River. This depositional system
included a low energy axial transport system (trending south
and west) amidst floodplains with a high groundwater table
that led to extensive wetlands and shallow lakes [May et al.,
1999; Houston et al., 2008; Rech et al., 2010]. May et al.
[1999] and Blanco [2008] interpret that the latest Miocene‐
Pliocene basin was internally drained, with its western
boundary west of the preserved Opache pinch out (Figure 6c,
arrow). Apparently, a high concentration of carbon in the
groundwater facilitated widespread deposition of carbonate
as paleosols, wetland deposits, lake deposits, and carbonate
cement of the siliciclastic detritus [May et al., 1999; Blanco,
2008; Rech et al., 2010]. After 3 Ma, the Calama basin
drainage became connected to the Pacific Ocean and base
level was lowered across the Calama basin [May et al., 1999;
Blanco 2008; Houston et al., 2008].
[91] Relief development is suggested in the modern dis-

tribution of the 6–3 Ma Opache Formation. A surface con-
structed on the preserved top of the Opache is now a simple
plane inclined 1.3°W along the western branch of the basin,
whereas it is approximately horizontal in the main Calama
basin (Figure 6c). Because the Opache limestones accu-
mulated in wetlands as well as shallow, ephemeral lakes, we
cannot be sure which parts of its surface were horizontal at
the time of its accumulation. Almost certainly some of it was
not horizontal, as the lacustrine and palustrine limestones
grade to carbonate‐cemented sandstone and conglomerate
near the bounding highlands. Indeed, even though the basin
was sedimentologically internally drained, it was apparently
hydrographically open, likely via groundwater flow, to the
Pampa del Tamarugal to the west where a contemporaneous
fluvial‐lacustrine system developed at the southwestern
extreme of that basin [Sáez et al., 1999]. This implies that
some topographic relief must have existed between the
Calama basin and the Pampa del Tamarugal by 5.8 Ma, the
age by which fluvial‐lacustrine facies in the southern
Pampa del Tamarugal basin indicate water seepage from
the Calama basin area [Sáez et al., 1999].
[92] As a maximum estimate for the structural relief

development of the Opache Formation since the beginning
of accumulation of the Opache ∼6 Ma, we calculate the
vertical relief that could be attained by 1.3° westward rota-
tion, if the Opache Formation had been horizontal originally.
Over a ∼40 km width, from the horizontal toe‐of‐slope west
of the western terminus of the Opache, to the eastern hori-
zontal Calama region, this rotation would produce ∼900 m of
relief. Houston et al. [2008] used similar reasoning to con-
clude that there had been less than 1° of westward rotation
since 3.3 Ma. Together, their study and ours agree that there
could not have been more than ∼900 m of new relief

generated across the Cordillera de Domeyko block in which
the Calama basin is embedded relative to the Central
Depression during the last 6 Ma.
[93] Rech et al. [2006] documented Miocene and Qua-

ternary paleosols located along the SE flank of the Calama
basin, a region that now sits on the same topographic
platform as the central Calama basin and western Salar de
Atacama basin (Figure 4). Based on the succession of
paleoclimate states indicated by superimposed types of soils,
they inferred that there must have been at least 900 m of
topographic uplift relative to sea level between 9.4 Ma and
the Quaternary. While neither our method using the Opache
Formation nor Rech et al.’s [2006] approach is a precise
description of very long‐wavelength uplift of the western
branch of the Western Andean Slope, together they imply
that a significant amount of the relief formation and uplift
of the Atacama block is younger than 10 Ma and that at
least part of this rise in elevation is due to tilt.

9. Discussion
[94] This study complements prior ones that reveal that

relief development occurred during the Neogene across the
western flank of the Andes over an along‐strike distance of
∼1000 km (∼16°–24°S) [Wörner et al., 2002; Farías et al.,
2005; Schlunegger et al., 2006; Hoke et al., 2007; Thouret
et al., 2007; Schildgen et al., 2007, 2009b]. Our new data,
combined with the documentation of early and middle
Miocene structural relief growth by Farías et al. [2005],
Pinto et al. [2004], García and Hérail [2005] and Victor
et al. [2004], resolve that large magnitude tectonically
produced structural relief growth along the western flank of
theAltiplano and Puna plateau was underway during the early
and middle Miocene, during the late Miocene, and during
the Pliocene‐Quaternary.
[95] Evenstar et al. [2009] pointed out the uncertainty of

use of the relict pediplain of the Western Andean Slope as a
single reference horizon for analysis of the duration of relief
development, because the pediplain exhibits a multiphase
history. Riihimaki et al. [2006] also demonstrated a multi-
phase history of a somewhat similar low relief surface in the
Rocky Mountains. We agree with Evenstar et al.’s [2009]
recognition of multiple landscape stages in the pediplains
and depositional surfaces of the eastern Pampa del Tamarugal
(Figure 7), as didHoke et al. [2004, 2007].Hoke et al. [2007]
used the configuration of stream profiles, an independent
approach, to assess the magnitude of landscape rotation, and
found that there had been ∼1100 m of surface uplift of the
eastern side of the Pampa del Tamarugal relative to the basin
over some period of time. Hoke et al. [2007] used a gener-
alization of the age of the pediplain, that it was younger than
the age of the strata which underlie it, to provide a time
constraint on the stream profile disturbance, and thus esti-
mated the age of landscape rotation to be less than ∼10 Ma.
Our newly reported results (Tables 1a–1c) for the southern
Pampa del Tamarugal basin refine the chronology of Hoke
et al. [2007] but arrive at a strikingly similar magnitude
(∼1200 m since ∼11 Ma) through an independent method-
ology. We conclude that this study of kinematic markers
and stratigraphic data demonstrates that an aggregate

JORDAN ET AL.: WEST FLANK CENTRAL ANDES TC5007TC5007

24 of 31



stream profile history for the last ∼10Ma [Hoke et al., 2007]
provides a valid history of relief development. The results
obtained from different methods converge because the
magnitude of surface changes across the eastern sectors of
the Pampa del Tamarugal landscape related to the climate
variability of the last 10 Myr has been small (e.g., tens of
meters vertical change) outside of the incised canyons,
roughly two orders of magnitude less than the relief
development across the western slope. The long‐term
hyperarid climate has diminished the importance of a
suite of competing processes and enabled acquisition of a
robust history of surface relief development over millions
of years time span.
[96] Our objective is to compare the histories of surface

uplift west of the Altiplano and west of the Puna, but in
order to arrive at those histories from our relief growth
measures we must reference our data to an absolute frame;
that is, we must estimate the contribution of absolute tec-
tonic subsidence in the fore‐arc basins studied. The internal
geometry of the Pampa del Tamarugal fore‐arc basin indi-
cates that it underwent little or no tectonic subsidence since
the end of deposition of the Altos de Pica Formation
[Nester, 2008], in which case the relief formation mea-
surements equate to tectonic uplift. Furthermore, given the
absence of significant denudation of the pediplains outside
of the canyons [Kober et al., 2007; Evenstar et al., 2009],
the tectonic uplift equates to surface uplift. In the fore‐arc
area west of the western branch of the Western Andean
Slope, 22°S–24°S, sediment accumulation is negligible, a
fore‐arc basin does not occur, and climate is hyperarid.
Relief formation along the western branch, then, likewise
can be equated to tectonic rock and surface uplift.
[97] In contrast, in the Salar de Atacama basin the isopach

patterns of unit M and large magnitude faults that control its
distribution are unambiguous evidence that tectonic subsi-
dence of this fore‐arc basin was a factor during the late
Miocene–Quaternary [Reutter et al., 2006; Jordan et al.,
2007]. Consequently, we lack a confident reference frame
against which to transform the late Miocene–Quaternary
relief growth of the eastern branch of the Western Andean
Slope to surface uplift. We note that the relief generation
west of the Puna (∼2320 ± 1050 m) is estimated to be twice
as much as the tectonic relief generation (in that case, sur-
face uplift) west of the Altiplano (∼1220 ± 620 m) since 10–
11 Ma (Tables 1a–1c and 3) and that the Puna plateau
surface currently is indeed at a higher elevation than the
Altiplano.

9.1. Spatial Variability of Surface Relief Development
History

[98] Late Miocene uplift of the Western Andean Slope
(Figure 11b) was vigorous adjacent to the southern Alti-
plano (800 ± 600 m), and its accommodation by a long‐
wavelength monocline mimicked the style of structural
relief generation begun earlier at the margin of the northern
Puna. Adjacent to the northern Puna, the eastern branch of
the Western Andean Slope was similarly or possibly more
active, accruing as surface uplift some fraction of the 2300 ±
1000 m of structural relief that formed post‐10 Ma. The

similarity of style adjacent to the Puna and Altiplano is
noteworthy, and might not have been predicted given the
rheological differences that are expected from the differing
magmatic histories of the southwestern Altiplano plateau
compared to the northern Puna plateau [Trumbull et al.,
2006]. The northwestern Puna and transition to the Alti-
plano plateau, adjacent to the Calama and Salar de Atacama
basins, were inundated in the great ignimbrites of the Alti-
plano Puna Volcanic Complex (APVC, Figures 1 and 2) [de
Silva, 1989] from 10 to 1 Ma, but this surface expression of
extensive crustal melting did not persist far northward where
the Altiplano is adjacent the Pampa del Tamarugal basin; de
Silva et al. [2006] note that geophysical data suggest that a
mid‐crustal magma body [Zandt et al., 2003] underlies not
only the APVC but also extends at least another 100 km
northward in the western part of the Altiplano, which might
indicate a rheological similarity. However, the seismological
and gravity data measure a modern zone of mid‐crustal
partial melt which may or may not have existed during the
late Miocene.
[99] Despite the co‐linearity of the Western Slope adja-

cent the Altiplano and of the western branch of the Western
Slope adjacent the northern Puna (Figures 2 and 3), their
uplift histories and mechanisms differ. For example, for the
middle Miocene the western flank of the Domeyko Range
lacks relief‐forming short‐wavelength monoclinal folds and
faults [Marinovic et al., 1995; Marinovic and García, 1999;
Marinovic, 2007] like those adjacent the Altiplano. The
western branch is also co‐linear with the single‐thread
Western Andean Slope south of ∼25°S [Isacks, 1988; Hoke,
2006] (Figure 3). At the latitude of Copiapo (26–28°S),
geomorphic evidence suggests ∼800–1000 m of post 10‐Ma
relief development along the Western Andean Slope adja-
cent the southern Puna [Mortimer, 1973; Riquelme et al.,
2007], comparable to the magnitude adjacent the southern
Altiplano.
[100] An explanation for the bifurcation into two Western

Slope branches west of the northern Puna may be related to
the Atacama lithospheric block, which neighbors and is
partially overlapped by the western branch (Figure 2) [Schurr
and Rietbrock, 2004; Reutter et al., 2006]. The Atacama
block differs from the fore arc to its north and south in that its
lithosphere is anomalously thick as well as cold and strong,
while its intermediate composition crust is of low temperature
and high pressure [Schurr and Rietbrock, 2004]. In gross
characteristics, the Atacama block is somewhat like the
Colorado Plateau of the western United States, which is a
region of anomalously thick and cold lithosphere and long‐
lived stability. Roy et al. [2009] demonstrate that flexural
adjustments to heat introduced at the sides of the Colorado
plateau during the mid‐Cenozoic ignimbrite flare‐up, fol-
lowed by migration over tens of millions of years of the
thermal consequences toward the interior of that block, can
explain the 1000–2000 m of documented late Cenozoic sur-
face uplift. It is worth considering whether, in an analogous
fashion, differential heating of the Atacama block during the
Pliocene to Quaternary creation of the Altiplano Puna vol-
canic complex and magma body along only the eastern side
[de Silva et al., 2006] may have caused Pliocene‐Quaternary
uplift [e.g., Rech et al., 2006] of the eastern side and tilt
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toward the west. Because the available geophysical data
reveal that the Atacama block is cool, it is counter‐intuitive to
propose its recent uplift by thermal expansion. Yet transient
heat flow may have warmed the lithosphere to a temperature
higher than existed during theMiocene even though still colder
than the neighboring regions. Roy et al. [2009] demonstrate
that the horizontal scale of gradient in themagnitude of uplift at
the Colorado plateau margins is ∼200 km, and that 500–900 m
of uplift of the block edge is a reasonable consequence of 5
to 10 Myr of propagation of the marginal thermal anomaly.
[101] The fore arc adjacent both the southern Altiplano

and the Puna also may have risen en masse with the plateau,
as Schlunegger et al. [2006] suggested may have been im-
portant during the Pliocene and Quaternary. Schildgen et al.
[2009b] document en masse uplift of the southwestern Peru
fore arc by ∼1 km between ∼5 and 2.2 Ma (Figure 1).
Unfortunately, the methods employed in this study are not
sensitive to wholesale uplift of the fore arc and Altiplano‐
Puna plateau as a single block, unless the block tilted.

9.2. Comparison of the Relief History of the Western
Andean Slope to the Altiplano Uplift History

[102] The current study complements previous studies that
reveal that, between 15°S and 20°S, uplift has occurred
since ∼10 Ma across a ∼500 km width of the central Andes
(Figure 1), spanning the Western Andean Slope (uplift
magnitude 1200 ± 600 m [this study]) [Farías et al., 2005;
Hoke et al., 2007; Thouret et al., 2007; Schildgen et al.,
2007, 2009a, 2009b], within the Altiplano plateau (magni-
tude ∼2500 ± 1000 m [Garzione et al., 2006, 2008; Ghosh et
al., 2006; Gregory‐Wodzicki, 2002] or as little as 1100 ±
1600 m [Ehlers and Poulsen, 2009]), and including the
Eastern Cordillera (magnitude 1700 ± 700 m) [Barke and
Lamb, 2006]. In the Altiplano, proxy data are interpreted
by Garzione et al. [2006, 2008] and Ghosh et al. [2006] to

imply that a major phase of surface uplift began ∼10 Ma, the
same time as (1) cessation of short‐wavelength deformation
along the Western Andean Slope [Farías et al., 2005; Victor
et al., 2004], (2) the end of significant deformation within
the Altiplano [Elger et al., 2005], and (3) a shift in foreland
deformation from the Eastern Cordillera to the Subandean
fold‐and‐thrust belt [Gubbels et al., 1993; Echavarría et al.,
2003]. Viewed from the Altiplano and Eastern Cordillera,
Gubbels et al. [1993] and Garzione et al. [2006, 2008]
suggest that a fundamental change in mountain building
style occurred at ∼10 Ma. Viewed from the Western Andean
Slope, likewise a change of deformation style is evident at
∼10 Ma. Following the cessation of short‐wavelength de-
formation in northern Chile, west of the Altiplano, long‐
wavelength monoclinal tilting began and affected a narrow
belt traceable at least from southern Peru (∼18°S) to 27°S
and likely beyond [Isacks, 1988; Hoke 2006]. This late
Miocene long‐wavelength monoclinal deformation extended
far beyond the limits of the early middle Miocene short‐
wavelength deformation, affecting areas where little or no
early or middle Miocene vertical displacement is recorded,
such as the western branch of the Western Andean Slope
adjacent the northern Puna [this study] and the Western
Andean Slope adjacent the southern Puna [Mortimer, 1973;
Riquelme et al., 2007]. Yet at the latitude of the southern
Altiplano and northern Puna, there was no significant change
near 10 Ma in the rate of development of structural relief
(Table 3).
[103] We designed this analysis to provide a conservative

estimate of tectonic relief development, and adopted
assumptions that would minimize the tectonic relief. For
example, we use a primary depositional inclination for
alluvial strata that is appropriate to proximal alluvial fans,
and we assume large degrees of differential compaction.
Thus the results (Table 3) are best estimates of minimum
tectonic relief development.

Figure 11. Cartoon comparison of historical progression of topographic uplift of the central Andes at
the latitudes of the (top) Altiplano and (bottom) northern Puna plateau, during the Neogene. The diagrams
emphasize the style and timing of crustal structure that accompanied uplift but are not comprehensive
crustal sections and only allude to rheologic and volumetric changes controlled by magmatic activity
or delamination. The timing and magnitude of uplift are based on data from this paper for the fore‐arc
region, and based on the work by Garzione et al. [2008] and Hoke and Garzione [2008] for the Alti-
plano. Timing and style of crustal structures of the fore arc are from references in text and for Altiplano,
Puna, Eastern Cordillera, and Subandean domains are from Elger et al. [2005], Coutand et al. [2001], and
Rosario et al. [2008].
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[104] It remains ambiguous whether the magnitude of
post‐10 Ma uplift of the Altiplano exceeds that of the
Western Andean Slope. In part the ambiguity results from
different measurement methods, paleoaltimetry for the
Altiplano compared to structural relief growth measure-
ments for the fore‐arc studies. Based on this study’s and
Hoke et al.’s [2007] results, it appears that there was either
∼1300 m less [Garzione et al., 2006, 2008; Ghosh et al.,
2006] or an equal amount [Ehlers and Poulsen, 2009] of
uplift of the western border of the Altiplano compared to the
Altiplano proper since ∼10 Ma. Perhaps more important
than the uncertainties on our best estimates, our studies of
fore‐arc relief development do not encompass altitudinal
increase that might explain the ∼1000 m of relief between
sea level and the west side of the Pampa del Tamarugal fore‐
arc basin (western scarp of Figure 4), which is expressed in
the spectacular Coastal Escarpment. If uplift younger than
10 Ma were responsible for this relief, as Schildgen et al.
[2009b] demonstrate some 500 km farther north, then the
altitudinal increase of the western lip of the Altiplano is of
roughly similar magnitude as the larger estimates for the
central sector of the Altiplano. The age of the Coastal
Escarpment is problematic, and many prior workers con-
sider the relief to be relict from the Paleogene [e.g.,
Mortimer and Sarič, 1975]. Although Schlunegger et al.
[2006] bracketed between ∼8 and 3 Ma the uplift of one
northern Chile river system relative to the Pacific Ocean
where there is no Coastal Escarpment, the applicability of
their result regionally is not clear to us.

9.3. Tectonic Causes for Surface Uplift

[105] Much has been written about the tectonic mechan-
isms for surface uplift of the Altiplano and Eastern Cordillera
[e.g., Isacks, 1988; Gubbels et al., 1993; Allmendinger et al.,
1997; Victor et al., 2004; Elger et al., 2005; Barke and
Lamb, 2006; Garzione et al., 2006, 2008; Molnar and
Garzione, 2007; Hoke and Garzione, 2008; Kay and Coira,
2009; DeCelles et al., 2009; Barnes and Ehlers, 2009]. As
direct controls on uplift, three processes compete as candi-
dates for the uplift since ∼10 Ma. Barke and Lamb [2006]
point to the underthrusting of the Brazilian shield as the key
driver for uplift. Garzione et al. [2006, 2008], Molnar and
Garzione [2007], and Hoke and Garzione [2008] counter
that the pace of Altiplano uplift exceeds what could be driven
by underthrusting of the shield. Instead, they consider
delamination of the eclogitic lower crust beneath the plateau
[Kay and Kay, 1993; Kay et al., 1994; Schurr et al., 2006] to
have been the principal mechanism for rapid uplift of both the
Altiplano and the Puna. Flow of lower crustal rock from the
Western Cordillera and Eastern Cordillera into the Altiplano
may have caused uplift of the Altiplano [Husson and
Sempere, 2003], though at the expense of crustal thickness
and elevation of the Western Cordillera.
[106] From the perspective of the Western Andean Slope,

a mechanistic tie of the late Miocene‐Pliocene uplift to
underthrusting of the Brazilian shield is problematic. The
magnitude of underthrusting of the Brazilian shield along
the eastern Andean thrust belts diminishes south of the
Altiplano [reviewed in Allmendinger et al., 1997; Kley and

Monaldi, 1998], which is evidenced in the loss of a thin‐
skinned thrust belt adjacent to the Puna plateau (Figure 1).
While our data include substantial uncertainty on the mag-
nitude of surface uplift of the western margin of the Puna
which cannot be rigorously disentangled from subsidence of
the fore‐arc basin, the simplest interpretation (Table 3) is
that uplift of the west side of the Puna plateau has been as
much as or more than uplift of the west side of the Altiplano
during the Neogene. This is opposite the trend that we
expect if uplift were caused primarily by underthrusting.
[107] Published analyses of delamination and underthrust-

ing to build the Altiplano‐Puna plateau [Kay et al., 1994;
Garzione et al., 2006, 2008; Molnar and Garzione, 2007;
Hoke and Garzione, 2008] integrate the role and history of
vigorous arc and back‐arc magmatism as important controls
on rheological and density evolution. Yet at the western
margin of the plateau system the magmatic addition of mass
and heat to the crust may play more direct roles in surface
uplift [Victor et al., 2004]. There appears to be a correspon-
dence between the along‐strike change in the magnitude and
style of fore‐arc relief growth and the position of the APVC
(Figures 1 and 2), controlled either by primary effects like
buoyancy increase where the crust is heated and/or by sec-
ondary effects on rheology [de Silva et al., 2006]. Work
remains before the magmatic controls, lithospheric thinning
controls (delamination), and crustal shortening controls are
fully disentangled and documented.
[108] Large‐scale geomorphology [Isacks, 1988], small‐

scale landforms (i.e., channel profiles [Hoke et al., 2007]),
and large‐scale growth relations in Miocene to Quaternary
strata in the fore‐arc basins all demonstrate that surface
uplift of the Andean plateau system was accommodated at
its western flank by large‐scale monoclinal folding. How-
ever, the uplift of major continental plateaus across long‐
wavelength monoclines is not treated in the literature as a
widespread phenomenon. Rather than being a unique attri-
bute of the Andes Mountains, we propose that this kinematic
style of large‐scale deformation likely has been common in
other orogenic belts. The lack of evidence elsewhere can be
attributed to the rareness of adequate preservation of the
shallow upper crustal units in which it would be expressed. In
northern Chile, a mere 500 m of widespread denudation
would obliterate the geomorphologic record and severely
limit a reconstruction of the stratal geometries, and ∼1000 m
of denudation would eliminate the stratigraphic record of
long‐wavelength growth geometries in both the Tamarugal
and Calama basins.Were geologists of the future to attempt to
reconstruct deformation of the western flank of a deeply
denudedAndes and find only the growth‐strata of the Salar de
Atacama basin, they might well interpret them as a localized
situation. It is only because we have the advantage of data
preserved in an extraordinarily arid setting that the magnitude
of a monoclinal kinematic style and its history can be fully
appreciated.

10. Conclusions
[109] We conclude that there was no single, or short‐lived,

step in the Neogene central Andean evolution that domi-
nated the history of relief development for the western part
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of the orogenic belt [see also Barnes and Ehlers, 2009].
During the early and middle Miocene (Figure 11a), relief
development at the western margin of the Altiplano totaled
roughly 2000 m (±500 m) [Victor et al., 2004; Farías et al.,
2005], accommodated by a set of parallel, west verging,
short‐wavelength monoclinal folds over small upper crustal
faults. Victor et al. [2004] suggested that the multiple faults
joined in the mid‐crust with a ductile magma body. In
comparison, no similar set of early and middle Miocene
short‐wavelength monoclinal folds is identified in the fore
arc adjacent to the northern Puna. However, middle Mio-
cene tilting of the eastern branch of the Western Andean
Slope across a long‐wavelength monocline seems to have
created 2800 m (±400 m) of structural relief, partitioned
between subsidence of the Salar de Atacama basin and
surface uplift of the Andean front. During the late Miocene
(∼11–5.5 Ma), surface relief between the fore arc and
western Altiplano plateau increased by 810 m (±640 m)
(Table 3). Likewise, adjacent both the southern Altiplano
and the northern Puna, topographic relief formed during the
last 5 or 6 Ma (Figure 11c). Whereas the proxies used by
Garzione et al. [2008] in the central and northern Altiplano
suggest that uplift had ceased by ∼6 Ma, the stratigraphic
and geomorphic evidence show that the western rim of the
Altiplano continued a net increase in elevation of 400 m
(±170 m) during the Pliocene‐Quaternary. Though we are
not able to subdivide the temporal steps of the eastern
branch of the Western Andean Slope structural relief growth
more finely than pre‐ and post‐10 Ma, the progressive rota-

tion of seismic reflectors in the sedimentary package over-
lying the ∼10 Ma marker horizon reveals that relief grew
during the Pliocene‐Quaternary as well as during the late
Miocene.
[110] Even though the timing of relief formation of the

western flanks of the southern Altiplano plateau and of the
northern Puna plateau are broadly similar and both are of
kilometer‐magnitude (Table 3), the fore‐arc basins respon-
ded in different manners (Figure 11). Fore‐arc styles of
deformation that contribute to relief growth include a series
of west vergent near surface faults that produce small‐scale
monoclines where they emerge in sedimentary basins, large‐
scale surface rotation on one or more monoclines that include
the upper crust, and wholesale uplift of the fore arc and pla-
teau as a single unit. These deformation styles are all antici-
pated to have existed in other ancient fore arcs as well, prior to
erasure of the evidence during denudation.
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